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Nomenclature 
Ze euphotic depth 
Zc Sverdrup critical depth 
Zm mixed layer depth 
Lu  upwelling radiance to  
Ld downwelling radiance 
Eu  upwelling irradiance 
Ed downwelling irradiance 
q quantum irradiance 
R reflectance 
 albedo 
ARF anisotropic reflectance function 
λ wavelength 
λ waveband 
PAR photosynthetically active radiation (400nm-700nm) 
UV ultraviolet radiation (200nm – 400nm) 
UVA ultraviolet radiation between 320nm and 400nm 
UVB ultraviolet radiation between 280nm and 320nm 
UVC ultraviolet radiation between 200nm and 280nm 
VIS visible radiation (400nm-850nm) 
IR infrared radiation (wavelength higher than 850nm)  
NIR near infrared radiation (850n – 3000nm) 
 solid angle 
Lint integrated radiance 
z depth 
K diffuse attenuation coefficient 
0 cosine of photons just below the surface of the water 
a absorption coefficient 
b scattering coefficient 
c attenuation coefficient 
A coefficient in Kirk equation, also used for area and ice fraction  
B coefficient in Kirk equation 
g asymmetry factor, also used for gravitational acceleration 
p single scattering phase function, also used for pressure 
 single scattering albedo 
σsca scattering cross-section 
σabs extinction cross-section 
Eλ spectrally integrated downwelling spectral irradiance 
Kλ spectrally integrated diffuse attenuation coefficient 
KPAR attenuation coefficient for PAR 
Zi critical depth 
Ac coefficient in Sverdrup critical depth equation 
ΣI0 total incident irradiance over 24h 
aw absorption coefficient of water 
a*chl chlorophyll-a specific absorption coefficient  
Cchl chlorophyll-a concentration 
Cys concentration of yellow substance 
a*ys yellow substance specific absorption coefficient 
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Cp concentration of inorganic particulate material 
a*p inorganic particulate material specific absorption coefficient 
S slope factor for yellow substance absorption 
NTT Narrowband-To-Total conversion 
SC solar constant 
Pv vapour pressure 
θ solar elevation 
as albedo for direct solar radiation 
ad albedo for diffuse solar radiation 
g* transformed asymmetry parameter 
* transformed single scatterng albedo 
a* transformed absorption coefficient 
ξ,P WW1 model parameters 
Rsd ratio of diffuse to total radiation 
 zenith angle 
Q random numbers 
m number of random numbers 
0 initial scattering angle 
L free length between interactions 
d diameter of snow grain 
 scattering angle 
p  normalized phase function 
d correlation coefficient 
N ratio of measured to modeled albedo 
n cloudcover 
ameas measured albedo 
amod modeled albedo 
R2 coefficient of determination 
 cloud base reflectance 
t absorption within the cloud, also used for time 
sky sky albedo 
t water density anomaly 
Ku Diffuse decay coefficient for upwelling irradiance 
Kd Diffuse decay coefficient for downwelling irradiance which is the same as K 
Ki K for ice 
Kw K for water 
T temperature 
ρ density 
cp heat capacity of the ice-water medium 
Q heat 
κ  heat conduction coefficients  
u horizontal velocity 
γ  proportionality constant  
ν kinematic viscosity 
w vertical velocity 
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Abstract 
The Antarctic system comprises of the continent itself, Antarctica, and the ocean surrounding it, the 
Southern Ocean. The system has an important part in the global climate due to its size, its high 
latitude location and the negative radiation balance of its large ice sheets. Antarctica has also been 
in focus for several decades due to increased ultraviolet (UV) levels caused by stratospheric ozone 
depletion, and the disintegration of its ice shelves. In this study, measurements were made during 
three Austral summers to study the optical properties of the Antarctic system and to produce 
radiation information for additional modeling studies. These are related to specific phenomena 
found in the system. 
 
During the summer of 1997-1998, measurements of beam absorption and beam attenuation 
coefficients, and downwelling and upwelling irradiance were made in the Southern Ocean along a 
S-N transect at 6°E. The attenuation of photosynthetically active radiation (PAR) was calculated 
and used together with hydrographic measurements to judge whether the phytoplankton in the 
investigated areas of the Southern Ocean are light limited. By using the Kirk formula the diffuse 
attenuation coefficient was linked to the absorption and scattering coefficients. The diffuse 
attenuation coefficients (KPAR) for PAR were found to vary between 0.03 and 0.09 m
-1. Using the 
values for KPAR and the definition of the Sverdrup critical depth, the studied Southern Ocean 
plankton systems were found not to be light limited.  
 
Variabilities in the spectral and total albedo of snow were studied in the Queen Maud Land region 
of Antarctica during the summers of 1999-2000 and 2000-2001. The measurement areas were the 
vicinity of the South African Antarctic research station SANAE 4, and a traverse near the Finnish 
Antarctic research station Aboa. The midday mean total albedos for snow were between 0.83, for 
clear skies, and 0.86, for overcast skies, at Aboa and between 0.81 and 0.83 for SANAE 4. The 
mean spectral albedo levels at Aboa and SANAE 4 were very close to each other. The variations in 
the spectral albedos were due more to differences in ambient conditions than variations in snow 
properties.  
 
A Monte-Carlo model was developed to study the spectral albedo and to develop a novel 
nondestructive method to measure the diffuse attenuation coefficient of snow. The method was 
based on the decay of upwelling radiation moving horizontally away from a source of downwelling 
light. This was assumed to have a relation to the diffuse attenuation coefficient. In the model, the 
attenuation coefficient obtained from the upwelling irradiance was higher than that obtained using 
vertical profiles of downwelling irradiance. The model results were compared to field 
measurements made on dry snow in Finnish Lapland and they correlated reasonably well.  
 
Low-elevation (below 1000 m) blue-ice areas may experience substantial melt-freeze cycles due to 
absorbed solar radiation and the small heat conductivity in the ice. A two-dimensional (x-z) model 
has been developed to simulate the formation and water circulation in the subsurface ponds. The 
model results show that for a physically reasonable parameter set the formation of liquid water 
within the ice can be reproduced. The results however are sensitive to the chosen parameter values, 
and their exact values are not well known. Vertical convection and a weak overturning circulation is 
generated stratifying the ﬂuid and transporting warmer water downward, thereby causing additional 
melting at the base of the pond. In a 50-year integration, a global warming scenario mimicked by a 
decadal scale increase of 3 degrees per 100 years in air temperature, leads to a general increase in 
subsurface water volume. The ice did not disintegrate due to the air temperature increase after the 
50 year integration. 
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1 Introduction 
1.1 Background 
Antarctica is the coldest, driest and highest continent on this planet (King and Turner, 1997). It is 
almost completely covered by an ice sheet that is several kilometers thick in places and totally 
surrounded by the Southern Ocean. Part of the ice sheet floats on the ocean forming an ice shelf. 
The ocean has a persistent circumpolar current and a relatively open seasonal sea ice cover with ice 
concentrations between 0.5 near the ice edge and 0.8 inside the ice field (Allison et al, 1993). This 
ice-sheet-ocean combination is the Antarctic system. A north-south transect of the system is shown 
in Fig. (1). 
 
A feature of both the Greenland and Antarctic ice sheets is that the annual mean net radiation 
budget at their surface is negative. This is compensated by a sensible heat flux from the air, which 
introduces additional cooling in the lower atmosphere, which is especially important in the katabatic 
wind zone where increased surface cooling increases the sensible heat transport. This close 
interaction between the radiation climate and boundary layer dynamics makes the large ice sheets 
extraordinary components of the global climate system (Van den Broeke, 2004).  
 
In Antarctica, the surface solar radiation budget is dominated by the high albedo of the snow cover, 
which is between 0.8-0.9 for dry snow (e.g. Liljequist, 1956; Wendler and Kelley, 1988; Pirazzini, 
2004) in clear sky conditions. For wet snow, which can occur near the coast (Kärkäs et al., 2002), 
the albedo is between 0.7-0.8. When the albedo is high, even small changes cause large relative 
changes in the amount of radiation absorbed: a decrease from 0.9 to 0.8 doubles the level. A drop 
from 0.8 to 0.7 increases the level by a factor of 1.5. 
 
Due to the importance of the high snow albedo in the radiation budget of the Antarctic system, it 
needs to be well represented in climate models. Snow albedo in earlier general circulation models 
(GCMs) was based on temperature and snow water equivalent (Johns et al., 1997; Roesche et al., 
1999). In later GCMs the model by Wiscombe and Warren (1980) was used to calculate snow 
albedo with the snow being allowed to age (Schmidt et al., 2006). The snow processes occur in 
scales much smaller than the grid size of these models so it is important to know not only the value 
and representativity of the albedo, but also its temporal evolution and its spatial distribution 
accurately.  
 
The ice sheet is linked to the surrounding ocean by the katabatic wind and the low pressure systems 
that surround Antarctica. The katabatic wind forms on the ice sheet, flows down it and over the 
ocean. It is seen as a persistent wind normal to the coastline and it is dominant in the coastal areas 
of East Antarctica that have a steep coastal profile. The low pressure systems dominate in the 
coastal zone of the Queen Maud Land area and there the wind is often flowing parallel to the 
coastline (King and Turner, 1997). The low pressure systems bring moisture and impurities to the 
coastal zone of Antarctica and are responsible for the accumulation values measured there 
(Tietäväinen and Viham, 2008).  
 
New sea-ice forms in the open water areas that are produced by the wind. This causes instability in 
the water column which is rectified by a sinking. This is the method of deep water formation which 
is a driver for the global ocean current system. The foundation for the present understanding of the 
abyssal circulation was laid down in studies by Stommel (1958), Stommel et al (1958), and 
Stommel and Arons (1960). The theory is based on the fundamental idea that this deep convection 
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at a few high-latitude locations in the Atlantic and mixing in the ocean brings the cold, deep water 
back to the surface almost everywhere. The deep circulation is driven by mixing, not by the sinking 
of cold water at high latitudes. Deep convection by itself leads to a deep, stagnant, pool of cold 
water where there is no deep circulation and circulation is confined to the upper layers of the ocean. 
Mixing or upwelling is required to pump cold water upward through the thermocline and drive the 
meridional overturning circulation. Tides and winds are the primary source of energy driving the 
mixing. The theory for the deep circulation has been further discussed by Marotzke (2000). 
 
One feature of phytoplankton growth in the Southern Ocean is that it is not in proportion to the high 
macronutrient availability, even though primary production has been shown to be limited by silicate 
availability (Turner et al., 2004). Another cause of this low production could be the weak 
stratification of the Southern Ocean (Mitchell et al., 1991) working in combination with the low 
solar elevation (Campbell and Aarup, 1989) resulting in light limitation. Depending on the 
hydrography, cells can be convected to depths below the Sverdrup critical depth (Zc) they become 
light limited as they then spend too much time in darkness (Sverdrup et al., 1942). Zc depends on 
the amount of light available during the whole day and the attenuation coefficient of light, 
 
The optical properties of water, snow and ice influence many physical and biological phenomena 
such as phytoplankton production, radiative transfer and solar heating. The reflectance of light has a 
strong influence on processes both above and below the surface. This study focuses firstly on the 
optical (incorporating the ultraviolet, visible and near infrared wavelengths) reflectance properties 
of water, snow and ice surfaces in the Antarctic system and then on some specific near-surface 
processes which are related to the amount of radiation passing through the surface and into the 
medium below. The physical laws governing the optics of all phases of water are the same. The 
coefficients in the radiative transfer equation take on different values for the different media leading 
to significantly different optical properties.  
 
 
 
Figure 1 Schematic showing the important parts of the Antarctic system in the Queen Maud Land region. The 
South Pole is towards the right. 
 
14 
 
The two most important optical processes are absorption, which changes the colour of the medium 
by deleting certain wavelengths from the radiation, and scattering, which redistributes the radiation. 
The absorption coefficient for ice has been studied by e.g. Warren et al. (2006) and for water Smith 
and Baker (1981) and Pope and Fry (1997). They are almost the same with only a few small 
differences. Scattering depends on the size of the scatterer and the wavelength. Scattering is 
directionally uniform for scatterers that are close in size to the wavelength and becomes more 
forward scattering for larger scatterers (Wiscombe, 1980). This is most relevant to large snow 
grains. 
 
Absorption is the dominant process in clear oceanic waters because of the lack of significant 
scatterers. In more turbid coastal waters, suspended sediments and, to some extent, plankton cells 
scatter light considerably. On the other hand, scattering is very important in snow. Because snow is 
a matrix of air, liquid water and ice grains that are much larger than the incident wavelength, there 
are a lot of surfaces that act as sources of scattering. Impurities in snow cause absorption but the 
snow in Antarctica contains impurities in very small concentrations (Warren and Clarke, 1990). In 
solid ice, scattering becomes dominant if there are a lot of visible grain boundaries or air bubbles 
that can act as scatterers, otherwise absorption is dominant.  
 
In a general sense, these processes cause clear water to be blue in colour, snow to be white and ice 
to be either blue or white depending on its texture. The optical classification of oceanic waters has 
been made by Jerlov (1978). The optical properties of snow are well described in Warren (1982) 
and a discussion of the scattering and absorption processes in ice can be found in Warren et al. 
(2002). 
 
The measured variable with the largest spatial extent available for the validation of albedo models is 
a narrowband (approximately 10-100nm wide) reflectance measured with a remote sensing device. 
The absorption of light by snow in the near-infrared is larger than in the visible. Scattering plays a 
larger part in the visible and so it is more affected by the snow properties. Therefore there is a 
difference in the ratios of narrowband reflectance to total albedo for different snow properties and 
different narrowbands. Total albedo refers to the albedo for the whole solar spectrum from 300 to 
3000nm, which is also the band, that pyranometers measure. Knowledge of the spectral dependence 
of the albedo is important to be able to relate narrowband albedos to total albedos. Narrowband-to-
total conversions have been studied by Knap et al. (1999), Liang (2000) and Greuel and Oerlemans 
(2004). These conversions become especially important in the remote sensing of glacial properties 
because remote sensing instruments measure in narrow wavebands. Bindschadler (1998) has 
reviewed the monitoring of ice sheet properties from space and König et al. (2001) have done the 
same for glaciers in general. 
 
Measurement results of the density, grain size (Gay et al, 2002) and wetness of snow, together with 
studies of the accumulation (Richardson-Näslund, 2004) in the coastal areas, show variations. These 
indicate the need for point measurements to be representative of the surrounding glacier. 
Measurements in the Queen Maud Land region have shown several distinct snow zones to exist in 
the first 300 km from the coast with different surface snow properties (Kärkäs et al., 2003). Model 
calculations, e.g. with the albedo model of Wiscombe and Warren (1980), could be made to study 
the optical significance of these variations. So far, most albedo studies in Antarctica have been 
either at point locations or on traverses across the polar plateau at a high elevation where the snow 
conditions are drier than in the coastal zone. There is a need for more albedo measurements in 
different areas of coastal Antarctica. 
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In addition to the surface properties of the snow, the albedo is affected by the cloudiness and solar 
elevation. The solar elevation dictates how steeply photons are initially directed into the surface and 
therefore what their probability of escaping from below the surface is (Warren, 1982). Clouds 
change the effective solar elevation and also act as a filter for infrared radiation. Multiple reflections 
between the Earth and the cloudbase change the distribution of radiation and become important 
when the surface albedo is high and the sky is overcast (Schneider and Dickinson, 1976). The coast 
of Antarctica is unique because for most of it, the ice sheet floats on the ocean forming ice shelves. 
At the ice shelf edge, the multiple reflections between the highly reflective surface and sky cause an 
increase in the incident irradiance over the coastal ocean. This increase is also larger in the ultra-
violet (UV) than at other wavelengths although according to present knowledge the coastal increase 
does not have a significant effect on the biological production in the whole of the Southern Ocean 
because the effect is very local (Podgorny and Lubin, 1998). A similar situation exists on the sea ice 
where an open water area next to an ice –covered area experiences more downwelling radiation 
under overcast conditions. The clouds above the open water area appear darker (Fig. 2). The 
increase in downwelling radiation also occurs in the open water next to the ice cover. The Antarctic 
sea-ice field is divergent in nature having a lot of leads and polynyas and so this effect could be 
important. 
 
The diffuse attenuation coefficient (K) of light in snow is very hard to measure without disturbing 
the snowcover. Several approaches to this measurement problem exist that disturb the snow to 
different extents. It is possible to set the instruments up before the snowcover forms so the snow can 
form on top of them. This method needs a considerable amount of time (Perovich 2007) and the 
snow above the measurement setup is not necessarily in the same state as the surrounding snow 
cover. A good and widely used way of measuring K is to measure the attenuation of upwelling 
radiation, which is the radiation that has been backscattered by the snow grains, by pushing a probe 
into the snow from above and deducing the value of K from that (Kärkäs et al. 2002, Warren et al. 
2006). This method assumes that the upwelling radiance profile is related to the downwelling 
irradiance profile at all depths in a well known way. This assumption is acceptable because after a 
few centimetres the light distribution within small grained snow becomes diffuse. In addition to the 
diffuse attenuation coefficient of upwelling light, the K can be deduced from the transmittance of 
light through snow samples (Beaglehole et al. 1998). This requires an assumption on the relation 
between the transmittance and K in snow to be made. Also it disturbs the snow considerably. A 
similar amount of disturbance to the snow is made if the downwelling irradiance is measured from 
the side of a snow pit. On sea or lake ice, the value of K can be deduced from under ice 
measurements of irradiance. The instrument can be placed under the ice and snow without 
disturbing the snow (Rasmus et al. 2002). Recent measurements of the attenuation coefficient of 
snow above sea ice have been made by Hamre et al. (2004). These were made by measuring the 
attenuation of light in the snow covered sea-ice system and fitting a radiative transfer model to the 
measurements. Haines et al. (1997) used upwelling light from an artificial light source to measure 
the value of K in sea ice. They used a light source below the sea ice. Because of the importance of 
solar radiation on the snow cover, a non-destructive method of measuring the K needs to be 
developed. 
 
Exposed areas of ice have a negative mass balance, due to upwelling ice and the sublimation at the 
surface, and are called blue-ice areas because of their colour (Bintanja, 1999; Bintanja, 2000). They 
have a low albedo and thus a high penetration of radiation in addition to the low heat conductivity 
of ice. It must be noted that the heat conductivity of snow is still much smaller. This means that 
absorbed radiation within blue ice areas causes subsurface heating and in some cases, internal 
melting. This is called the solid state greenhouse effect and is described by Colbeck (1989) and 
Brandt and Warren (1993). Blue ice areas are a feature found in large extents only on the Antarctic 
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and Greenland ice sheets. Previous models of internal melting within blue-ice (Liston et al., 1999a, 
b) have focused on the thermodynamic aspects of the phenomenon in one dimension. These 
subsurface meltwater ponds contain a large amount of heat that could cause melting in the 
surrounding snow cover if released into it. Liston and Winther (2005) calculated the meltwater 
fluxes from blue-ice areas and found them to be 57.5 km3 yr-1. They concluded that the meltwater 
does not influence the mass balance of the ice sheet because it probably refreezes locally. 
Observations of meltwater ﬂow in blue ice areas have been made by Winther et al. (1996) and 
Phillips (1998) indicating that the water does move around on the surface. The hydrodynamics 
within the subsurface ponds and the evolution of subsurface ponds in a changing climate has not 
been investigated in a modeling study before. 
 
1.2 Objectives 
The main objectives of this study were  
 to measure the optical properties of Southern Ocean water and to quantify the vertical 
penetration of solar radiation, especially Photosynthetic Active Radiation (PAR, 400-700 
nm), into the water, 
 to determine what kind of environment is created for plankton growth by the optical 
properties together with other hydrographical characteristics of the water and to see whether 
the phytoplankton growth is light limited,  
 to relate the inherent optical properties of water to the apparent optical properties, 
 to examine the spatial variability of the spectral and total albedo in the coastal region below 
1100m asl of the Queen Maud Land area along the same traverse where snow measurements 
have been made, 
 
 
Figure 2 Emperor penguins on sea-ice on the coast of Queen Maud Land. In the background are some clouds 
which are dark because they are above open water. (Photograph by Kai Rasmus) 
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 to find out whether the variations in the physical properties of snow in the different snow 
regions are optically significant or whether ambient conditions (cloud cover and solar 
elevation) dominate the variations, 
 to find out how the spectral and total albedos relate to each other,  
 to develop a non-destructive system for measuring the diffuse attenuation coefficient of dry 
snow by using a model that describes the system. 
 to develop a model that is capable of reproducing the subsurface ponds found in blue ice 
areas and the hydrodynamics within them in two–dimensions and to study how the blue ice 
system reacts to changes in climatic conditions and whether these reactions can be used as 
indicators of climate change, 
 to make sensitivity studies on the boundary conditions of the blue ice model.  
 
1.3 Author’s contribution 
This thesis consists of this introduction and the following original research papers. Here the 
contribution by the author is detailed for each paper. 
 
Paper I: Rasmus, K., 1999, Preliminary results of optical studies made in the Southern Ocean, Proc, 
Estonian Acad. Sci. Biol. Ecol., 48, 2, pp 160-168.  
 
Paper II: Rasmus, K. E., W. Graneli and S.-Å. Wängberg, 2004, Optical studies in the Southern 
Ocean, Deep-Sea Research II, 51, pp 2583-2597. 
The design and implementation of the LI1800UW radiometer and AC9 transmissometer 
measurements were made by Kai Rasmus. Wilhelm Granéli took care of the PUV500 radiometer 
measurements and Sten-Åke Wängberg took care of the surface irradiance measurements. Kai 
Rasmus made the pertinent calculations for the paper, except for the diffuse attenuation coefficient 
for PAR, which was calculated by Wilheml Granéli and the daily UV doses, which were calculated 
by Sten-Åke Wängberg. Kai Rasmus wrote most of the paper except for the part related to the UV 
daily doses which was mainly written by Sten-Åke Wängberg. 
 
Paper III: Rasmus, K., 2006, Field measurements of the total and spectral albedo in Dronning Maud 
Land Antarctica, Geophysica, 42, 1-2, pp 17-34. 
 
Paper IV: Rasmus, K, and O. Huttunen, 2009, Evaluating the diffuse attenuation coefficient of dry 
snow by using an artificial light source, accepted for publication in Boreal Environment Research. 
The work behind this paper was a collaboration between Kai Rasmus and Olli Huttunen. Kai 
Rasmus designed the measurement setup, made the modelling work, did the analysis of the results 
and the writing of the paper. Olli Huttunen was involved in making the measurements and some of 
the figures for the paper. 
 
Paper V: Rasmus, K., and A. Beckmann, 2007, The impact of global change on low-altitude blue 
ice areas in Antarctica; a thermo-hydrodynamic modeling study, Annals of Glaciology, 46. 
The work presented in this paper is the result of a collaboration between both authors. Joint 
discussion resulted in the design of the numerical experiment; Aike Beckmann took the lead in 
writing and testing the model code; Kai Rasmus was solely responsible for the analysis and 
postprocessing of the results and wrote the article (with few comments from the second author). 
 
Paper VI: Rasmus, K., A thermo-hydrodynamic modelling study of an idealized, semi-infinite low-
elevation blue ice area in Antarctica, submitted to the Journal of Glaciology. 
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2 Theory 
2.1 Optical theory 
Discrepancies in optical terminology exist between the ocean optics and atmospheric optics 
communities. The atmospheric optics terminology is mainly used within glaciology. However, the 
main quantities used in this work follow the ocean optics terminology. This terminology has been 
used by, e.g., Grenfell and Perovich (2004) for glaciological work as well. The purpose of this 
section is not to provide a complete review of radiative transfer theory, but to list the quantities and 
equations relevant to this study. 
 
Radiance is defined as the amount of radiation emitted into a solid angle. When the radiance is 
integrated over a hemisphere, it becomes the irradiance which is the flux of radiation going through 
a surface. If it is weighted by the cosine of the direction from which the radiation comes, it is called 
the vector irradiance. 
 
Two of the main quantities of interest are the reflectance and the albedo. The reflectance is the ratio 
of upwelling radiance (Lu) to downwelling radiance (Ld), 
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where λ is the wavelength and  is the solid angle. When the denominator in Eq. (1) is the 
downwelling irradiance, R becomes the anisotropic reflectance factor (ARF) which is sometimes 
called the remote sensing reflectance. The spectral albedo is a ratio of upwelling and downwelling 
spectral irradiances: 
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Albedo is a latin word meaning whiteness. Even though the strict translation of spectral albedo is 
spectral whiteness, or the colour of whiteness, which is a misnomer, this term is in general use and 
it will be used in this study. 
 
When variations in spectral shape between different radiance spectra are small, they can be 
described using only one value. This is obtained by spectrally integrating L: 
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Spectral reflectance can be converted into a narrowband or broadband reflectance between two 
wavelengths =[1,2] by integrating 
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This is also valid for the spectral albedo by exchanging the reflectance for the albedo and 
downwelling spectral irradiance for the spectral radiance.  
 
The third important quantity in this study is related to the decay of radiation within a medium, 
which can be described by an exponential law obtained from the radiative transfer equation: 
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where z is depth and K is the spectral diffuse attenuation coefficient. The 0_ denotes a depth just 
below the surface. Eq. (5) is not valid close to a surface where the ratio of direct and diffuse 
radiation changes with depth. There the decay is linear. In snow, Eq (5) is valid after a depth of 1cm 
(Warren et al, 2006). From Eq. (5) an expression for the vertically averaged K can be obtained 
assuming that it is constant in the depth interval [z1,z2]:  
 
   
 






1
2
12 ,
,
ln
1
zE
zE
zz
K
d
d


     (6) 
 
Optical properties can be divided into apparent optical properties, which depend on the inherent 
light field, and inherent optical properties which are a property of the material and independent of 
the inherent light. The apparent optical properties, of which K is one, are linked to the inherent 
optical properties (see e.g. Arst et al., 1997), which are the absorption (a) and scattering (b) 
coefficients, and the single scattering phase function (also known as the volume scattering 
function).  
 
One way of linking the diffuse attenuation coefficient to the absorption and scattering coefficients is 
to use the formula developed by Kirk (1994): 
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where µ0 is the cosine of the refracted photons just below the surface of the water. The coefficients 
A and B depend on the water type and the cloudiness. The classical values are 0.425 for A and 
0.190 for B. 
 
The single-scattering phase function, or simply the phase function, determines the direction into 
which a photon is scattered. When it is developed into a series of Legendre-polynomials, the first 
moment is referred to as the asymmetry factor (g). The volume scattering function leads to the 
scattering coefficient b when it is integrated over all scattering directions. 
 
The single scattering albedo is:  
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where σsca and σext are the scattering and extinction cross-sections. These are directly related to the 
scattering and extinction coefficients but are dependent on the size of the scatterers. The depth Zi at 
20 
 
which the spectrally integrated downwelling irradiance E assumes a value of E can be 
calculated from Eq. (6) assuming a constant spectrally integrated diffuse attenuation coefficient K 
with depth: 
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The euphotic depth, Ze, can be calculated using this equation by putting E=0.01 E(0_). Ze is 
however independent of the actual light level so a better limiting depth is the Sverdrup critical 
depth, Zc, which is (Nelson and Smith Jr., 1991): 
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Here KPAR is the diffuse attenuation coefficient for photosynthetically active radiation (PAR from 
400 to 700nm), I0 is the total incident irradiance integrated over 1 day (24h) expressed in mol m
-
2d-1. This is called the quantum irradiance (q). The coefficient Ac has a value of 0.265 m
2d mol-1.  
 
The ratio of q to irradiance E (expressed in W m-2) has been studied by Reinart et al. (1998) for 
different water types. They found that the ratio depends on the water depth but it is usually about 
four. 
2.2 The effects of ambient conditions on the radiation 
2.2.1 Incident radiation 
Inherent downwelling radiation can be divided into a direct and a diffuse part. Direct radiation 
comes directly from the Sun and in clear sky conditions it dominates except in the blue part of the 
spectrum where the radiation is mainly diffuse (Fig. 3). Direct radiation also has the potential for 
inducing mirror reflections which manifest themselves as sparkles. Diffuse radiation has undergone 
at least one scattering event before arriving at the surface. Short wavelengths are scattered 
efficiently so most of the ultraviolet radiation (UV 200-400nm) arrives as diffuse radiation. Under a 
fully overcast sky, the radiation field can be approximated as being totally diffuse.  
 
The solar radiation can also be divided into UV, PAR, visible (VIS 400-850nm) near infrared (NIR 
850-3000nm) and infrared (IR, 3000 to 10000nm) bands. UV radiation is further subdivided into 
UVC (200 to 280nm), UVB (280 to 320nm) and UVA (320 to 400nm).  
 
UV radiation, especially over the Antarctic, has been in focus for more than a decade, since the 
discovery of a thinning of the stratospheric ozone layer, leading to increased ground-level UVB 
radiation. UVB radiation has potentially harmful effects on plankton organisms, eg. bacteria and 
phytoplankton (Smith et al., 1992; Weiler et al., 1992; Boucher and Prezelin, 1996; Cheng et al., 
2003). Thus, it is important to establish both UV radiation levels over the sea surface, as well as the 
vertical attenuation in the water column of UVB radiation. Photosynthesis has been shown to be 
possible even at wavelengths shorter than 400 nm (e.g. Neori et al., 1988). Any portion of UV 
radiation or PAR may have either deleterious or beneficial effects on certain organisms, depending 
upon the dose absorbed by the organism (Holm-Hansen et al., 1993a; Holm-Hansen et al., 1993b;). 
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Figure 3 The ratio of diffuse (sky) to total radiation in different cloudcover situations (in eighths) over a snow 
cover. From measurements made in Queen Maud Land during the austral summers of 1999/2000 and 2000/2001 
(Paper III in this thesis). 
 
2.2.2 Solar elevation effects on snow albedo 
At wavelengths where snow exhibits significant absorption, the albedo depends on the solar 
elevation, which is the angle between the Sun and the horizon, with higher albedo at low solar 
elevations (Wiscombe and Warren, 1980). When the Sun is high above the horizon, the forward 
scattered photons penetrate deep into the snow. Many scattering events are required for them to 
eventually escape the snowpack. The emerging photons are therefore distributed more uniformly 
with angle into the upward hemisphere than is the case for a lower solar elevation. When the Sun is 
low, the photons that escape the snowpack after a few scattering events tend to emerge near the 
limb and close to the forward azimuth. The progression from a nearly Lambertian ARF for a high 
Sun to a strongly forward-peaked ARF for a low Sun was demonstrated by Dirmhirn and Eaton 
(1975) for a melting snowcover on a spring afternoon in Utah.  
2.2.3 Cloud cover effects on snow albedo 
Over a uniform snow cover, the albedo increases with decreasing solar elevation angle (Pirazzini, 
2004). Cloud cover absorbs near-infrared radiation, which would normally be absorbed by the snow 
cover, causing an increase in the albedo of snow. Cloud cover affects the spectral albedo by 
changing the solar elevation that the snow cover experiences (Warren, 1982). For a totally diffuse 
sky the effective solar elevation is 52º. When the actual solar elevation is below this, the cloud 
cover causes a decrease in the albedo, but Wendler and Kelly (1988) found that the dependency on 
solar elevation was small for values above 12. 
 
Under a cloudcover of sufficient thickness, the radiation is reflected multiple times at the surface 
and at the cloudbase. If the surface albedo is denoted by  and the cloudbase reflectance is denoted 
by , then the downwelling radiation at the surface becomes a sum of all the reflected components 
from the bottom of the cloud: 
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where Ed0 denotes the first-order downwelling irradiance (radiation flux) at the cloudbase. This is 
the radiation the surface would experience without the cloudcover. Eq. (11) is a geometric series 
that converges if the condition -1 <  < 1 is met. Both  and  are positive and smaller than 1. The 
totally non-absorbing case where the albedo becomes 1 cannot occur in a real situation. The 
convergence condition is met and so Eq. (11) converges towards the following result: 
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The upwelling radiation can be calculated as αEd leading to:  
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In the treatment of the multiple scattering problem when the top-of-atmosphere radiation is used 
(Schneider and Dickinson, 1976; Wendler et al., 2004) a coefficient equal to 1-t, where t is the 
absorption within the cloud, is included in all of the downwelling radiation components. The 
downwelling radiation then becomes  
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For a small t, this produces only a minor correction to the total sum. Again, 1-t is less than 1 but 
larger than 0 so the sum of the geometrical series can be calculated. The reflected radiation from the 
cloudbase (Eu) already includes a part that comes from within the cloud and that has been 
decreased by absorption.  
 
Rouse (1986) obtained an equation for the cloud base reflectance: 
 
n
sky        (15) 
 
In this equation, the cloud albedo depends on the sky albedo (sky) and the cloudcover n. This 
equation is based on land and ice albedo measurements and radiation measurements on land and ice. 
It also assumes that the incoming solar radiation measured above land and ice is the same. He 
calculated the cloud base reflectance to be 0.67 for a totally overcast case.  
 
The analysis above is 1-dimensional meaning that it is valid for semi-infinite surfaces. The multiple 
reflectance phenomenon is most important for low-albedo surfaces located next to high-albedo 
surfaces; such is in the sea ice area located close to Antarctica. To study the effect of multiple 
reflections between Earth and sky in these areas, a 1-dimensional approach is not sufficient. 
Podgorny and Lubin (1998) studied the solar irradiance enhancement over coastal waters next to a 
highly reflective land surface using a Monte Carlo model. They found that the effects are visible up 
to 4 km away from the coast with the most pronounced increases being 2 km away from the coast. 
The increase was also larger in the UV than in other wavelengths. They conclude that the increase 
does not have a significant effect on the biological production in the Southern Ocean because the 
effect is very local. 
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Pirazzini and Räisänen (2008) also used a Monte-Carlo model, but together with the DISORT 
radiative transfer model developed by Stamnes et al. (1988), to parameterize the effect of surface 
heterogeneity of albedo under overcast conditions. They found that the cloudbase height was the 
most important variable in determining the effective albedo. 
 
Observations made during the Surface Heat Budget of the Arctic Ocean (Sheba) project indicate that 
the composition of clouds (water or ice crystals) was more important to the shortwave cloud forcing 
than the overall coverage of the clouds. The main result was that low-level liquid and mixed ice and 
liquid clouds were found to be the most important contributors to the surface radiation balance. 
High cirrus clouds and layers of small ice crystals were found to have only a small radiative impact 
on the surface (Intrieri et al, 2002; Shupe and Intrieri, 2004). 
 
2.3 The different factors affecting the optical properties of water 
Reflected radiation in water has been modified by scattering and absorption processes. Absorption 
lowers the light level and scattering redistributes the light into different directions. Scattering into 
directions opposite the initial direction is called backscattering and thus is the source of the 
reflected light. 
 
2.3.1 Absorption 
Absorption within water is mainly due to water, pigments within phytoplankton, yellow substance 
(also called coloured dissolved organic matter or CDOM) and suspended sediments. The absorption 
coefficient of water can be expressed as: 
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Here aw is the absorption coefficient of pure water, Cchl is the chlorophyll a concentration, a*chl is 
the chlorophyll specific absorption coefficient (which however depends on the chlorophyll 
concentration), Cys is the concentration of yellow substance, a*ys is the yellow substance specific 
attenuation coefficient, Cp is the concentration of the inorganic particulate material and a*p is the 
specific attenuation coefficient for it. The spectral absorption coefficient has been measured by 
Smith and Baker (1981). Pope and Fry (1997) have more recently determined the absorption spectra 
of pure water with an integrating cavity technique. They found the absorption to be lower in the 
blue wavelengths. This will have a big effect if quantitative spectroscopy is made. The absorption 
by water is much higher in the NIR and IR than in the VIS.  
 
Phytoplankton absorption can be represented by chlorophyll-a absorption. That absorption curve 
has a peak at 676nm and another one at 432nm. Yellow substance absorption has a spectral form 
that is exponential with a slope factor (S) that varies slightly but in oceanic waters it is 
approximately 0.0014 (Bricaud et al., 1981). 
 
Waters in which the concentrations of optically active substances can be adequately described by 
the chlorophyll-a concentration, which represents the phytoplankton, are called Case 1 waters 
according to the original proposition by Morel and Prieur (1977). In Case 1 waters the yellow 
substance concentration is small (Bricaud et al., 1981). Almost all oceanic waters fall into this 
category. The concentration of the inorganic particulate material is assumed to be negligible for 
Case 1 waters. Other waters, mainly found in coastal seas and lakes, are classified as being Case 2. 
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Previously waters were also classified into Jerlov water types which were based on the diffuse 
attenuation coefficient (Jerlov, 1978). These have been measured by eg. Austin and Petzold (1986). 
2.3.2 Scattering 
Scattering in the ocean is due to both inorganic and organic particulates, with the latter including 
both living cells and detrital material of biological origin. Organic particles are the dominant 
scatterers in the open ocean. Scattering from particulates depends on the degree of external 
reflection and diffraction by their geometrical form, and on internal refraction and reflection and 
hence on the index of refraction of the particles. For particles small compared to the wavelength, the 
scattering efficiency is comparable to λ-4, but for larger particles the scattering is wavelength 
independent (Apel, 1987). In the light of this theory it would be expected that the scattering 
coefficient spectra for Southern Ocean waters in the visible range would show no wavelength 
dependence or a slight monotonous decrease with wavelength.  
 
2.4 The different factors affecting the reflectance of ice and snow 
2.4.1 Inherent optical properties of snow 
The absorption coefficient of ice increases with wavelength by 5 orders of magnitude across the 
solar spectrum from 500 to 2000nm meaning that the survival probability of photons in the snow 
pack after multiple-scattering events decreases substantially with wavelength (e.g. Warren et al., 
2006). The mean path-length of photons at 2000nm is only 0.1mm, and at these wavelengths the 
photons escape the snowpack after only 1 scattering event. This leads to the ARF being close to the 
single scattering phase function. Across the visible spectrum the absorption coefficient does vary 
but it is small everywhere. Hardly any absorption occurs during the transit of light through 
individual snow grains. For spherical grains, scattering can be described using Mie-theory. Kärkäs 
et al. (2005a) showed that in Queen Maud Land, well rounded grains were the most common class 
of snow grains. A description of Mie-theory as applied to snow grains can be found in Wiscombe 
(1980) and Wiscombe and Warren (1980). At visible wavelengths the reflectance pattern is more 
diffuse because the reflected light consists mostly of photons scattered numerous times in the snow. 
Winther (1994) found the variation of ARF with viewing angle in the principle plane to be nearly 
independent of wavelength from 380 to 700nm, but he found the anisotropy to increase from 700 to 
900nm. 
2.4.2 Grain size 
The albedo of snow is mostly composed of backscattering from ice grains. This decreases when the 
grain size increases. The presence of liquid water in the ice grain matrix causes an increase in the 
optically significant grain size of snow concerned because the water surrounds the ice grains and 
water and ice have a very similar real index of refraction. Liquid water absorbs radiation slightly 
better than ice causing a small decrease in the albedo in the presence of liquid water (Warren, 
1982).  
 
Gay et al. (2002) studied the spatial distribution of grain-size in Antarctica using a robust method 
based on grain photographs. Their data from 42 sites in Antarctica showed the mean convex radius, 
which is a measure of the grains, to be approximately 0.1-0.2mm on the surface in all locations 
sampled. 
 
In Queen Maud Land, Kärkäs et al. (2005a), measured the mean grain size to be 1.7mm, which is 
larger than that obtained by Gay et al. (2002). Well rounded grains were the most common class, 
the grain size distribution histogram was skewed towards large grain sizes with the most abundant 
groups being between 0.7 and 1.2mm. 
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Snow grains in the coastal zone of Antarctica are much larger than the wavelengths of solar 
radiation. This leads to very strongly forward scattering phase-functions. Wiscombe and Warren 
(1980) showed that the single-scattering asymmetry factor g exceeds 0.88 for all solar wavelengths.  
 
As snow ages its grain size can increase due to destructive metamorphism. This occurs even in cold 
snow but at a much slower rate than in snow that is melting or close to the melting point 
(LaChapelle, 1969). On the surface the wind action initially breaks up precipitation crystals into 
smaller grains. As the grain size increases the forward peak of the single-scattering phase function 
becomes narrower and stronger (Wiscombe and Warren, 1980). In addition to this, photons that go 
through coarse-grained snow have to pass through a larger volume of ice having a larger probability 
of being absorbed. If they emerge from the snow-cover they have usually undergone only a few 
scattering events. This leads to the ARF being closer to the single-scattering phase function for 
coarse-grained snow than for fine snow for which it is more diffuse. In visible wavelengths, the 
absorption coefficient of ice is very small, and so this effect becomes unimportant. Steffen (1987) 
sampled ARF for snow of three ages: 5, 24 and 72 hours and found the pattern to become more 
anisotropic as the snow aged. 
 
2.4.3 Impurities in the snow cover 
Impurities in the snow cover are mainly absorbers and they lower the reflected radiation at their 
specific wavelengths. In Antarctica, these impurities can be soot from Antarctic stations, dust of 
crustal origin or absorbing aerosols of either atmospheric or marine origin (Wiscombe and Warren, 
1980b).  
 
Bergström et al. (2002) showed that Black Carbon (BC) absorption has a wavelength dependence of 
-1 between 400 and 1000nm. Warren and Clarke (1990) found that even very small concentrations 
of BC soot invisible to the naked eye can lower the albedo of snow by 5-10% in the visible 
wavelengths. They conclude that even in the exhaust plume of a large inland research station the 
concentration of soot (3 ng/g) is too small to affect the total albedo significantly. Therefore, the 
albedo measured at such a location is likely to still be representative of the surrounding ice sheet. 
Closer to the coast, dust from mountain ranges, absorbing aerosols and marine hydrosols are found 
in the snow cover and they can lower the albedo of the snow cover.  
 
Dust absorption expressed by its imaginary index of refraction, ni, is recommended by the World 
Meteorological Organisation (WMO) to be: ni=0.008 (WMO, 1983). This produces a single-
scattering albedo of 0.63 at 500nm for typical dust grain sizes. Absorption in the ultraviolet and 
blue wavelengths is due to iron compounds. In the visible wavelengths above 500nm the absorption 
is mainly due to BC trapped in the dust. Saharan dust has a larger single scattering albedo of 0.95 
(Fouquart et al., 1998). 
 
Kärkäs et al (2005b) made glaciochemical measurements in Queen Maud Land. They conclude that 
the concentrations of chemical components of marine origin decrease exponentially as the distance 
from the ice edge increases and the concentrations of components of crustal origin are higher near 
nunatak areas. Dust of crustal origin is optically active causing a lower reflectance to be expected in 
the leeward areas of nunataks. 
 
Only a very small amount of information exists about the absolute concentration and variations of 
organic components in Antarctic precipitation. Lyons et al. (2007) analysed total organic carbon 
(TOC) concentrations from snowpits that were sampled on valley glaciers in the Taylor Valley, 
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Southern Victoria Land, Antarctica, at approximately 78°S. The snowpit results show that the TOC 
concentrations were very low with most of the values beng below 8 μM. These values are some of 
the lowest ever reported for precipitation or for a snowpack and they indicate that TOC in glacial 
snow in coastal Antarctica is not significantly influenced by emissions of organic carbon. The TOC 
variation is negatively correlated to Cl− and the other major ions in the snow suggesting that a 
different source or timing of deposition than the sea salt aerosols or terrestrial dust.  
2.4.4 Surface roughness 
Jackson and Carrol (1978) already showed that aerodynamic roughness is a function of wind 
direction and erosion history. Snow surfaces in Antarctica exhibit surface roughness in the form of 
suncups, penitents, sastrugi and dunes. The dominating kind relevant to reflectance studies is meter-
scale sastrugi which cover vast areas of the surface (Warren et al., 1998). The effect of sastrugi on 
reflectance and albedo has been modelled by Leroux and Fily (1998) using rectangular shaped 
sastrugi. To some extent, their model explains the observations made by Warren et al. (1998), who 
found that sastrugi oriented perpendicular to the solar beam cause a reduction in the forward peak of 
the scattering, and sastrugi at an oblique angle cause the ARF to lose its symmetry about the solar 
azimuth. Wendler and Kelley (1988) also used a geometrical sastrugi model to explain their 
asymmetrical diurnal cycle in albedo.  
 
At low solar elevation angles when the Sun shines from behind the sastrugi, the surface can appear 
relatively dark producing a low albedo. This is does not mean that the albedo of snow in shadow is 
low. See Pirazzini (2004) for a discussion of this as a measurement error. However, when part of 
the surface is in shadow and part of it is not, then the albedo of the whole surface is lowered. 
 
2.4.5 Implications for remote sensing 
The strong anisotropic scattering of light by snow grains becomes important for remote sensing in 
the Polar Regions where the solar elevation is generally quite low, and in the edges of images 
obtained with remote sensing sensors that scan to a large angle off nadir. One such instrument is the 
Advanced Very High Resolution Radiometer (AVHRR), which scans 56° off nadir. The reflectance 
anisotropic properties of snow and sea ice in the AVHRR Channels 1 (580 – 680nm) and 2 (NIR) 
spectral regions were investigated by developing and applying a comprehensive radiative transfer 
model by Jin and Simpson (1999). Their modeling results show that snow has a higher reflectance 
in the forward observation directions, with the maximum in the principal plane in both channels. 
The reflectance anisotropy is higher in AVHRR Channel 2 than in Channel 1 and highly sensitive to 
the solar elevation. The ARF for a snow surface is less sensitive to aerosol variations, soot 
contamination and grain size variations, compared with its sensitivity to solar elevation and the 
scattering phase function.  
 
Painter and Dozier (2004) have studied the effect of the anisotropic reflectance on imaging 
spectroscopy of snow properties by using synthesized images, produced by the DISORT model 
(Stamnes et al., 1988) with single-scattering phase functions obtained using ray tracing, and two 
different grain size retrieval and snow cover fraction models. The emitted radiance was 
atmospherically adjusted to produce top-of-atmosphere (TOA) radiance. They found that the grain 
size retrieved from both models become more sensitive to anisotropy as the grain size and solar 
elevation angle decrease. The largest inferred grain sizes occur around a peak in the backward 
reflectance angles and the smallest occur at the largest viewing angles in the forward direction. 
Albedo retrievals are similarly sensitive producing albedo errors of 0.05 for a 70° solar elevation 
and up to 0.10 for an elevation of 40°.  
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Figure 4 Changes in the anisotropic reflection due to decrease in concentration of snow in suspension behind a 
solid object. (Photograph by Kai Rasmus) 
 
Warren et al. (1998) found that the effects of sastrugi are mostly restricted to large viewing angles. 
For near-nadir views, remote sensing of reflectance can be carried out accurately without 
knowledge of sastrugi height. 
 
Fig. (4) shows how snow in suspension changes the reflective properties of the snow cover. A solid 
object on the ice causes the concentration of snow in suspension to decrease behind the object. This 
area is seen to be darker when viewed from a low viewing angle. 
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3 Some previous optical studies in Antarctica 
3.1 Oceanographic studies 
Since the days of Sverdrup, the notion of a critical depth (Sverdrup et al., 1942), below which the 
low level of light makes photosynthesis impossible, has gone relatively unchanged. The euphotic 
depth, Ze, is defined as the depth at which the irradiance becomes 1% of its value just under the 
surface of the water. Depending on the hydrography, cells can be convected to depths below Ze, 
and still continue to survive, but if they go below the Sverdrup critical depth, Zc, they become light 
limited as they then spend too much time in darkness. 
 
The concentration of the inorganic particulate material is inherently assumed to be zero for Case 1 
waters, which are waters where the main optically active substance after pure water itself are the 
phytoplankton pigments and the yellow substance concentration is small and partly related to the 
phytoplankton concentration. Research and reviews on this type of optical classification have been 
made by for example Morel (1994) and Mobley et al. (2005). According to Lee and Hu (2005), the 
Southern Ocean consists mostly of Case 1 water. They made their conclusions based on remote 
sensing data obtained with the Sea-viewing Wide Field-of-view Sensor (SeaWiFS). Their results 
show that there exist significant areas of Case 2 (or non-Case 1) waters in the Southern Ocean, 
especially close to the coast of Antarctica which means that, for example, the application of Case 1 
bio-optical models that calculate the concentrations of optically active substances from the optical 
properties, to Southern Ocean water should be made with caution. 
 
Fenton et al. (1994) studied regional variations of the bio-optical properties of water in the Southern 
Ocean around South Georgia Island and the Bransfield Strait, which is a body of water about 100 
km wide extending for 350 km between the South Shetland Islands and the Antarctic Peninsula. 
They found that the attenuation coefficient was consistent with absorption by yellow substance. 
Their data support the idea that the retrieval of bio-optical properties from ocean colour sensors (of 
which SeaWiFS is one) requires regional algorithms and a general Case 1 algorithm is not 
sufficient. 
 
The inherent optical properties, mainly the absorption and scattering coefficients, and apparent 
optical properties, mainly the diffuse attenuation coefficient, in the Antarctic waters have been 
linked by Sagan et al. (1995). They proposed that part of the Southern Ocean should be classified as 
being a Case 2 water type. 
 
Reynolds et al. (2001) have developed a semi-analytical bio-optical model from measurements 
made in the Ross Sea and the Antarctic Polar Frontal Zone (APFZ) north from there. They found 
that the relationship between a and the concentration of chlorophyll was the same in both areas, but 
the backscattering for a specific chlorophyll concentration was 4 times greater in the APFZ. 
 
Garcia et al. (2004) made in-water radiometric measurements in the Southern Ocean, mainly in the 
vicinity of the Antarctic Peninsula for remote sensing validation purposes. Their results show that 
there exists a good agreement between sensor derived and in situ data but the used NASA OC4v4 
chlorophyll concentration extraction algorithm underestimates the chlorophyll concentration. The 
underestimation was less than in the chlorophyll estimations obtained by Mitchell and Holm-
Hansen (1991). The underestimation of chlorophyll by satellite extraction algorithms is also 
reported by Clementson et al. (2001) in their work in the Pacific Ocean between 42ºS and 55ºS. 
Marrari et al. (2006) report that the correspondence between measured and remotely sensed 
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concentrations becomes even better when the chlorophyll concentration measurement method is 
changed from fluorometry to High Performance Liquid Chromatography (HPLC). 
 
Holm-Hansen and Hewes (2004), in their study of Deep Chlorophyll Maxima (DCM) in the 
Southern Ocean in the vicinity of Elephant Island, measured sufficiently high values of irradiance at 
depths of 50 to 100m (at the top and bottom of the DCM) for photosynthesis to take place. They 
also measured increased upwelling radiation indicative of increased photosynthesis. 
 
3.2 Glaciological studies 
3.2.1 Snow properties 
The physical properties of snow, mainly the density, stratigraphy and wetness, have been used to 
divide a 300km traverse going inland from the ice shelf edge, into 4 distinct snow zones (Kärkäs et 
al., 2002). The results also show that the main optically significant physical properties of snow 
show only small variations on the Antarctic ice sheet.  
 
Braaten (1997) found that snow accumulation was higher when the wind speed was higher. He 
compared two locations on the ice shelf in the katabatic wind zone. The small number of data points 
in this study limits its applicability to the ice sheet in general. The result may be due to the general 
heterogeneity of the accumulation. This was studied by Richardson-Näslund (2004) by using 
ground penetrating radar to study the spatial variation of snow accumulation in Queen Maud Land. 
She found that on the ice-shelf the variability was 10% and above the grounding line it was between 
20 and 40%. 
3.2.2 Snow albedo 
Liljequist (1956) made pioneering work in Queen Maud Land at Maudheim (71° 03' S, 10° 56' W) 
during the Norwegian-British-Swedish Antarctic expedition of 1949-52. He found the mean total 
albedo of the snow cover under dense overcast skies in situations with no drifting snow to be 0.90 at 
the end of the year between September and November, and dropping to 0.88 during the months of 
January-March. Under clear skies, he found the total albedo to vary with solar elevation being 0.83 
at 13° solar elevation and dropping to below 0.80 when the solar elevation became higher than 40°. 
The measurement site at Maudheim was situated on the ice shelf very close to the open sea, which 
has had an influence on the snow cover and the amount of downwelling irradiance.  
 
In addition to Liljequist (1956), the total overcast albedo in Antarctica in January has been reported 
by Hoinkes (1960) at Byrd Station, by Carrol and Fitch (1981) at South Pole, by Wendler and Kelly 
(1988) in Terre Adelie, by Grenfell et al. (1994) at the South Pole and at Vostok, by Bintanja and 
Van den Broeke (1995) and Reijmer et al. (2001) at Svea in Queen Maud Land, and by Mishra 
(1999) on the Princess Astrid Coast. Pirazzini (2004) reports measurements from Neumeyer, Reves 
Neve, Dome Concordia and Hell’s Gate. The measurements from all of the authors together with 
the measurements from this study show a slight decreasing trend with the snow albedos varying 
between 0.8 and 0.9 (Fig. 5). Also it is not enough to consider only the amount of cloud but the 
cloud type needs to be taken into account when comparing overcast albedos. It is noticeable that the 
variability in albedo in the very last 10 years is almost as large, between maximum and minimum, 
as the variability of the whole 50 years. Remote sensing data has been used to study the trend in ice 
sheet albedo between 1981 and 2000 by Laine (2008) and the results of that work show that the 
spring-summer albedos have in fact slightly increased. 
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Figure 5 The overcast total albedo for different years in Antarctica as reported by several authors. 
 
Reijmer et al. (2001) have found the total albedos for blue ice and snow at two points in the 
Heimefrontfjella region of Queen Maud Land, to be 0.60 and 0.78. They also found the narrowband 
albedos in TM bands 2 and 4 to be 0.97 and 0.86 respectively for snow and 0.87 and 0.51 for blue 
ice. Their measurements were made at Svea (74° 35' S, 11° 13' W) in a location surrounded by 
mountains which will have absorbed visible radiation and emitted infrared radiation and thus 
affected the measurements. 
 
Carroll and Fitch (1981) and Wendler and Kelly (1988) both obtained total albedo values that were 
0.83 for dry snow for clear conditions and over 0.90 for overcast conditions. The snow 
measurements show that their study was made in an area that was mainly on the border of the dry 
snow zone at a high altitude. Dry snow with small grains has a higher albedo than wet snow or 
snow with large grains. 
 
Casacchia et al. (2002) have studied the spectral albedo of snow compared to the physical properties 
of the snow at the Italian Antarctic research station at Terra Nova Bay (74° 41' S, 164° 07' E). They 
found that a detailed characterisation of snow metamorphism is important to describe the variation 
in the spectral albedo. A sgeometrical sastrugi model was used by Wendler and Kelley (1988) to 
explain their asymmetrical diurnal cycle in albedo. They found total albedos for dry snow in the 
Terre Adelie (66°S, 140°E) part of East Antarctica to be 0.83 for clear sky conditions and up to 0.90 
for overcast conditions.  
 
Frezzotti et al. (2002) have studied the effect of dunes and glazed areas on two traverses on the 
polar plateau of East Antarctica from Terra Nova Bay. They found that there is significant spectral 
variability in the albedo to distinguish glazed areas and dunes from each other and the surrounding 
snow. Glazing of snow occurs when accumulation has been negligible for a long period. Dunes 
form when the wind blows from the same direction persistently over many years. 
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Grenfell et al. (1994) made studies at the Amundsen-Scott South Pole station and at Vostok station 
(78°27.85' S, 106°51.95'E). They found the spectral albedo of dry clean snow to have a uniformly 
high value of 0.96-0.98 across the ultraviolet (200 to 400nm) and visible (400 to 850nm) spectra, 
and to be nearly independent of snow grain size or solar elevation. In the near infra-red (850 to 
3000nm), they found the albedo to be lower, dropping to below 0.15 in the strong absorption bands 
at 1500 and 2000 nm.  
 
Wuttke et al. (2006) have made high resolution spectral albedo measurements, from 290 to 1050 
nm, at Neumayer, Antarctica, (70 degrees 39' S, 8 degrees 15' W) during the austral summer 
2003/2004. At 500 nm, the spectral albedo nearly reaches unity, with slightly lower values below 
and above 500 nm. Above 600 nm, the spectral albedo decreases to values between 0.45 and 0.75 at 
1000 nm. For one cloudless case an albedo up to 1.01 at 500 nm could be determined. This can be 
explained by the larger directional component of the snow reflectivity for direct incidence, 
combined with a slightly mislevelled sensor and the snow surface not being perfectly horizontal. 
The theoretically predicted increase in albedo with increasing solar zenith angle could not be 
observed. This is explained by the small range of the zenith angle during albedo measurements, 
combined with the effect of changing snow conditions outweighing the effect of changing zenith 
angle.  
3.2.3 Attenuation of light in snow 
The attenuation of light in snow was measured by pushing a probe into the snow from above by 
Kärkäs et al. (2002) and also by Warren et al. (2006). After a few centimeters in the snow the light 
distribution within the snowpack becomes diffuse, meaning that the upwelling radiation decays in 
the same way as the downwelling radiation. 
 
Snow samples can be taken and the transmission can be measured directly (Beaglehole et al., 1998). 
An assumption on the relation between the transmission and the diffuse attenuation coefficient then 
needs to be made.  
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4 Description of study areas and measurement methodology 
4.1 Southern ocean 
The Southern Ocean is a strongly biologically active part of the oceans of the world (Fig. 6). It is 
however not as active as its nutrient availability would predict it to be. According to earlier 
investigations, biological activity in the Southern Ocean is strongly linked to frontal systems, where 
the Subtropical and Polar Fronts are shown to be the areas of most intense activity (Arrigo et al., 
1998; Turner et al., 2004). 
 
The northern boundary of the Southern Ocean is confined by the Subtropical Front (STF), where it 
separates the warm and salty temperate surface waters and the cold subantarctic waters. This front 
has previously been observed at various positions between 41°S and 42°S, defined by its large 
salinity and temperature gradients, where also elevated chlorophyll-a concentrations have been 
found. 
 
South of the STF is one of a prominent feature of the Southern Ocean: the eastward flowing 
Antarctic Circumpolar Current (ACC). The ACC is dominated by two major fronts, the 
Subantarctic Front (SAF) and the Antarctic Polar Front (APF). The position of the SAF has been 
reported between 45°S and 48°S in this region (6°W–6°E) depending on the definition used.  
 
Surface water stratification in the region, called the Subantarctic Zone (SAZ), between the STF and 
the SAF, is controlled mainly by temperature. It has been suggested that silicate limits the 
biological production in the SAZ and also across the ACC. 
 
 
Figure 6 Satellite image mosaic of the Southern Ocean showing the areas of higher productivity in green  
(http://oceancolor.gsfc.nasa.gov/). The productivity is high but not as high as it could be with the nutrient 
availability in the ocean, 
33 
 
Depending on definition, subsurface or surface expressions for temperature, the location of the APF  
can vary between 49°S and 51.5°S in this region. The cold surface water in the APF, termed the 
Antarctic Surface Water (AASW), reaches all the way to the Antarctic Continental Shelf. Below 
this cold water lies a warmer, saltier and more nutrient-rich layer, called Circumpolar Deep Water 
(CDW). The CDW is derived from the North Atlantic Deep Water (NADW) and covers most of the 
area from the APF to the Weddell Gyre. Macronutrients such as nitrate and phosphate do not limit 
the biological production in these waters, but deep mixing during winter may still be an important 
regulator of primary production through transport of iron and other limiting trace elements to the 
surface layer. However, the depth of the mixed layer also affects primary production through the 
light regime, a shallow mixed layer creating a more favorable light regime than a deep mixed layer.  
 
The area between the SAF and the APF is referred to as the Polar Frontal Zone (PFZ), where 
salinity is as important as temperature in regulating surface water stratification and primary 
production has been shown to be limited by silicate availability. (Turner et al., 2004; Wulff and 
Wängberg, 2006) 
 
The frontal structure of the Antarctic Circumpolar Current (ACC) at the Greenwich Meridian shows 
sharp horizontal gradients in all properties throughout the water column, the fronts are narrow 
relative to the total width of the current, and most of the transport occurs within the frontal zones. 
East of Drake Passage, saline North Atlantic Deep Water (NADW) is incorporated into the 
circumpolar current, and at the Greenwich Meridian it influences the water characteristics as far 
south as the Polar Front. Separating the ACC from the Weddell Gyre is a sharp front, south of 
which the signature of all but the densest CDW is lost by mixing with the surface waters. The 
intermediate water of the central Weddell Gyre is formed from this dense CDW, which is modified 
by biochemical processes to become oxygen poor and nutrient rich. Warm, salty, less dense CDW 
from the southern edge of the ACC rounds the eastern end of the gyre and appears in the southern 
limb, which meanders around Maud Rise. (Whitworth and Nowlin, 1987) 
 
The southern boundary of ACC is defined where the upper part of the CDW (UCDW) signal enters 
the surface mixed layer at around 56°S, where it mixes with AASW, which coincides with a frontal 
feature separating the ACC and the Weddell Gyre. When UCDW water mixes with surface water, 
macronutrients and iron become available for biological production. The Antarctic Zone (AAZ) is 
the area between the APF and the southern boundary of the ACC, where salinity contributes most to 
the stratification of the surface layer. South of this boundary in the Atlantic, between 56°S and the 
continent, is the Weddell Gyre.  
 
The area between the APF and the Antarctic ice shelf is subject to seasonal sea-ice. The 
northernmost winter sea-ice expansion in the Atlantic sector is located between 53°S and 54°S, 
thereby influencing the area between the ACC and the Weddell Gyre. During the spring season, the 
ice edge has commonly retreated to around 60°S (Turner et al., 2004). 
4.2 Queen Maud Land, East Antarctica 
The Queen Maud Land (QML) area between 10ºW and 25ºW is characterised by high mountain 
ranges that puncture the ice sheet in several places and obstruct the ice flow. Along a traverse along 
12ºW they are called Vestfjella and Heimefrontfjella. The Heimefrontfjella mountain range consists 
of mountains close together which cause a sudden transition from the polar plateau to the coastal 
region. The Vestfjella range has mountains further apart. Between the two ranges, the glacier is 
mainly unobstructed and is able to flow freely. By making measurements of the potential 
temperature, near-surface firn density and accumulation, Van den Broeke et al. (1999) deduced that 
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katabatic winds are active there. This implies strong South-Easterly winds. The area surrounding 
SANAE 4, which is located on Vesleskarvet nunatak, is punctured by nunataks in many places.  
 
The snow on the ice shelf is optically much smoother than the snow above the grounding line, as 
can be seen from an AVHRR satellite image of Queen Maud Land from January 2000 (Fig. 7). The 
ice rises, which are topographic highs, are also distinctly visible on the image due to anisotropic 
reflections from different slope directions. Nunataks come out as dark areas on the image but it is 
noticeable that their area is almost negligible compared to the area of snow and ice. Their 
importance is in directing the flow of ice and in affecting the local climate. 
 
The ice shelf has a high precipitation and thus a high accumulation leading to a soft smooth surface 
which can be identified in the AVHRR image. Further inland, the accumulation becomes smaller 
and the effect of the continuous wind is more pronounced with the formation of surface roughness 
features. Precipitation crystals are smaller and they are effectively broken down leading to smaller 
grains and a more reflective surface than on the ice shelf. The boundary of these two regions 
coincides with the grounding line.  
 
 
 
Figure 7 An AVHRR satellite image from January 2000 showing part of Queen Maud Land. 
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On the ice sheet in Queen Maud Land, the wind field is formed by the low pressure systems 
circulating Antarctica. These bring precipitation with them and the accumulation of snow in areas 
affected by them is greater than higher up on the glacier. On the polar plateau, the accumulation 
consists mainly of very small snow grains called ‘diamond dust’ which falls almost continuously 
from the sky (King and Turner, 1997). 
 
Areas of negative mass balance on the ice sheet, called blue ice areas, have signiﬁcance by having a 
direct effect on the local (e.g., Bintanja and van den Broeke, 1995b) or larger scale environment. 
Blue ice areas are formed by either increased local wind speed or increased local sublimation. In the 
coastal zone of QML, both kinds of blue ice areas are found (Winther et al., 2001). Due to its low 
albedo (0.5–0.6) compared to that of dry snow (0.8-0.9) (Bintanja and van den Broeke 1995) blue 
ice absorbs approximately twice as much solar energy (Bintanja 1999 and Bintanja 2000) which 
results in increased sublimination and a negative mass balance. At higher elevations, with lower air 
temperatures, blue ice areas rarely contain internal water but at low elevations, because of the low 
heat conductivity of ice, the absorbed radiative energy escapes very slowly forming a subsurface 
temperature maximum. If the temperature reaches 0°C, the ice can begin to melt.  
 
 
 
Figure 8 A map of the important study areas. 
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4.3 Materials and methods 
Here is a short description of the measurement systems and measurement methods used in this 
study. The measurements in Antarctica have been made as part of three Finnish Antarctic Research 
Program (FINNARP) expeditions. Part of FINNARP 97 was concentrated on making measurements 
along a traverse at 6°E at the marginal ice zone (MIZ), the interfrontal region (IFR) and at the 
Antarctic Polar Front (APF). These measurements were made between December 1997 and January 
1998 aboard the South African research vessel S.A. Agulhas. FINNARP 99 concentrated its efforts 
along a traverse on the glacier starting from the ice shelf and going 300 km inland via the Finnish 
Antarctic base Aboa. These measurements were made between December 1999 and January 2000. 
During the FINNARP 2000 expedition, the measurements were repeated at the South African 
Antarctic station SANAE 4 between December 2000 and February 2001. The study areas are shown 
in Fig. (8). 
 
4.3.1 Oceanographic measurements 
Downwelling irradiance in the ocean was measured using two different radiometers: a LiCOR 
LI1800UW spectroradiometer, which measured between 300 and 850nm with a 6nm resolution, and 
a Biospherical Instruments PUV-500 underwater radiometer, which measured radiation at five 
discrete wavelength bands centered at 305, 320, 340 and 380nm, and PAR. The LI1800UW was 
also used to measure downwelling and upwelling irradiance above the surface of the water for 
albedo measurements between 300 and 850nm. Upwelling irradiance was also measured at different 
depths in the water for irradiance reflectance measurements. Both radiometers were deployed from 
the aft end of the ship. The LI1800UW was set to measure at discrete depths (the depths to which 
the instrument was lowered depended on the conditions) and the PUV500 measured continuously to 
a maximum depth of 80 m. The radiation measurements were preferentially made around noon (±2 
hours). 
 
Absorption and attenuation of light was measured directly at nine 10nm wide wavelength bands 
centered at 412, 440, 488, 510, 532, 555, 650, 676 and 715nm, using a WetLABS ac-9 absorption 
and attenuation meter. The values of a, and the attenuation coeffcient, c, were used to calculate b 
which is simply c-a. The ac-9 was deployed from the starboard side of the ship to a maximum depth 
of 20 m. The values were then averaged for the whole surface layer. The absorption data were 
corrected for the infra-red absorption by water and a scattering correction was made (Pegau and 
Zaneveld, 1994; Zaneveld et al., 1994). The values for seawater absorption and scattering have been 
subtracted from the data using values obtained by Smith and Baker (1981). The prevailing light 
conditions had very little effect on the ac-9 because it operates on an internal light source and stray 
light could not enter the measurement tubes. 
 
Temperature and salinity values were measured as well and these are detailed in Turner et al. 
(2004). 
4.3.2 Glaciological measurements 
The irradiance measurements on the glacier were made using the same LI1800UW 
spectroradiometer, but with a remote cosine corrector fitted. The head was mounted on a pole with 
the sensor 30cm above the snow cover. The length of the fiber-optic cable used in the remote sensor 
limited the distance between the sensor head and the surface. In the albedo measurements, 
downwelling irradiance was measured first and then the upwelling irradiance was measured. For 
this study, the radiation spectrum was scanned from 300 to 1100nm, which took about 45s to 
complete. The spectrum is scanned using rotating filters and only one photodiode. This setup 
provides accurate and reliable measurements but the length of the integration time becomes a 
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problem in highly variable light conditions. Albedo measurements were made in relatively stable 
sky conditions with the Sun either totally covered or uncovered by cloud. On the ocean, waves had 
an effect on the near surface irradiance measurements. The LI1800UW was also used together with 
an artificial light source to measure the diffuse attenuation coefficient of snow. The instrument is 
accurate to 0.1Wm-2 nm-1, which produces an error of 0.001 in the spectral albedo values for 
snow. The LI1800UW was calibrated using a light source with a known intensity. 
 
The LI1800 instrument measures upwelling and downwelling irradiance directly, eliminating the 
need for assumptions to be made of the surface, or of reference measurements over a lambertian 
reflector, before the albedo can be calculated. 
 
A Middleton EP-16 pyranoalbedometer system was used on the glacier to make total albedo 
measurements. This system measured downwelling and upwelling irradiances simultaneously over 
the 300 to 3000 nm band. The instrument was mounted on a rod, which was clamped to a tripod. 
This set-up placed the sensor head 1 m above the ground. The sensors were factory calibrated to 
produce absolute irradiance values in March 1999. The calibration accuracy of the EP-16 
pyranometers is 3% of the absolute irradiance. The instrument was leveled with a spirit level 
located on the instrument housing to keep the tilt error to a minimum. Absolute tilt error was found 
to be 0.02 (for 1 degree of tilt) in albedo over a terrain with sastruga of approximately 10cm 
amplitude and a wavelength of 1m. Over this kind of surface, the error caused by instrument tilt was 
estimated to be 3% of irradiance per degree of tilt using measured data. The stability of the EP-16 
was checked over a rocky surface in the vicinity of Aboa station. It was assumed that the optical 
properties of the rock do not change during the measurement. A 120 min measurement produced a 
value of 0.11 for the albedo of the rock with a standard deviation of 0.005. The number of albedo 
measurements was 251.  
 
If the tilt error is assumed to be similar for the LI1800UW (approximately 0.02 in albedo), then it is 
an order of magnitude larger than the absolute accuracy. The combined error in spectral and total 
albedo is then ±0.02.  
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5 Radiation and Albedo Modelling  
Shortwave radiation models developed by Shine (1984) and Zillmann (1972) are presented and 
these calculations are compared to measurements of the shortwave radiation.  
 
The albedo model by Wiscombe and Warren (1980), referred to as the WW1 model, is used to 
calculate the spectral albedo from which a regression model is developed for the total albedo for 
different snow grain sizes and cloudcover values. The WW1 model values were compared to values 
obtained from a Monte-Carlo model for the snow albedo. 
5.1 Modelling the albedo of snow and the incident shortwave radiation  
5.1.1 Modelling the shortwave radiation 
Shine (1984) has developed a solar radiation model for high latitude Arctic areas which can be used 
to calculate the incident solar radiation: 
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As input data, this model requires the solar constant (SC) the solar elevation (), and the vapour 
pressure, Pv, which has been taken to only depend on the air temperature. Shine (1984) based his 
Arctic model on the model Zillmann (1972) originally presented for more tropical oceanic regions. 
His equation took the form: 
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Both models were used to calculate the incident solar radiation for the location of Aboa in Queen 
Maud Land (QML). The modelled values were then compared to measurements made with a 
pyranometer on the automatic weather station at Aboa.  
 
The vapour pressure is the main difference between the Arctic, for which Eq. (17) was developed, 
and Queen Maud Land, that is relevant to this global radiation parameterization. 
 
If the measured values were lower than the modelled values then a cloudcover was assumed to be 
present. This simple approach does not give any detailed information on the amount of cloud, or the 
cloud type, which are both important in determining the albedo, but it is enough to help in 
determining whether a clear sky or overcast sky albedo value should be used for the snow albedo. 
5.1.2 Wiscombe-Warren model 
The WW1-model incorporates a delta-eddington approximation of the Mie-scattering phase 
function. The delta-eddington approximation singles out the forward scattering peak of the phase 
function, including directions close to the forward direction, and treats it separately from the other 
directions. As input parameters, the WW1 model takes grain size, snow density, cloudcover and 
solar zenith angle. On the Antarctic ice sheet, the snowcover can be thought of as being semi-
infinite in thickness. This simplifies the calculations, because in this case the photons are scattered 
within the snowpack until they are either absorbed or they exit the surface of the snow. This 
assumption of semi-infiniteness is not valid for snowpacks on nunataks which can be very shallow.  
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The direct and diffuse components of the solar radiation are treated separately. According to the 
model, the semi-infinite albedo for direct solar radiation is: 
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In this case  is the solar zenith angle. For diffuse radiation the semi-infinite albedo is: 
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In Eqs. (19) and (20) the parameters
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 depend on the asymmetry parameter g and the single-scattering albedo . The net 
albedo is then: 
 
     ssddsd aRaR   1 .    (21) 
 
In Eq. (21), Rsd is the ratio of diffuse radiation to total radiation, which is the sum of the direct and 
diffuse radiation. Rsd also has a spectral dependence with values close to 1 at low wavelengths (Fig. 
3). For totally overcast conditions, Rsd is close to 1 for all wavelengths.  
 
One limitation of the WW1 model is that it only produces an albedo value so it cannot be used to 
calculate radiance reflectance, or in situations where the angular distribution is required. Also the 
snow needs to be homogeneous. Wiscombe and Warren (1980) also found that snow grain size by 
itself could not explain their observations. This discrepancy could be settled by incorporating 
impurities into the model (Wiscombe and Warren, 1980b). 
5.1.3 Monte-Carlo model 
A Monte-Carlo approach was also used to model the spectral albedos. The Monte-Carlo model will 
be referred to as the MC-model in this work. Monte-Carlo refers to a technique initially developed 
by Metropolis and Ulam (1949) to simulate physical processes using a stochastic model. In optical 
studies a large number of scatterees (simulated photons), with specific physical properties, are 
allowed to traverse through a medium and interact with it. The Monte-Carlo approach is rapidly 
becoming the main way of modelling light transfer in media such as tissue (eg. Prahl et al, 1989). 
Monte-Carlo modelling is useful in the simulation of multiple reflectance between Earth and clouds 
(e.g. Pirazzini and Räisänen, 2008).  
 
In this study the model calculations start by selecting m random numbers Q(m). They are then used 
in the calculations as follows: 
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where 0 is the initial scattering angle from nadir, 
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where L is the free length between scattering and absorption events and d is the diameter of the 
snow grain, 
 
absorptionQ )3( ,      (24) 
 
where  is the single scattering albedo. The scatteree is terminated if the value of Q(3) is larger 
than  and the calculation continues with the next scatteree. The scattering angle ( ) away from the 
direction the scatteree is travelling in is then calculated from: 
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where p is the normalised phase function. The phase function determines the probability distribution 
of the directions into which a photon can be scattered. The phase function is assumed to be 
symmetrical with regard to the azimuth angle but because this model setup is two-dimensional (x-z) 
the scattering direction has to be projected onto the x-z plane according to the value of the azimuth 
angle. This leads to the total projected direction change in the x-z plane (θc) experienced by the 
scatteree. 
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This is added to the direction in which the scatteree is travelling. Eq. (26) is not valid for a 
scattering angle of 0, but for this angle the projection does not need to be made.  
 
In this study the Henyey-Greenstein phase function was used because a large number of photon 
calculations were anticipated. The Henyey-Greenstein depends on  and the asymmetry parameter 
g: 
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The phase function in Eq. (27) was normalised and used in Eq. (25). Melnikova et al (2000) have 
shown that under certain conditions the use of the Henyey-Greenstein phase function can produce a 
maximum of 10% difference in the reflectance function compared to the use of an exact phase 
function. The exact specifics of the reflectance distribution are not being studied in this paper so the 
use of the Henyey-Greenstein phase function is plausible. 
 
The assumption that the maximum value of the free length between interaction events is twice the 
diameter of the grains is based on the thought that interactions only occur inside snow grains. The 
snow grains are packed together and the free space between them is of the same order of magnitude 
as the grain size. So an interaction can happen in the snow grain or the scatteree can be transferred 
into the next snow grain where it can be either scattered or absorbed. 
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The model calculations proceed according to the following list:  
1. Calculation of the initial direction of the scatteree after which the scatteree is added to the 
downwelling flux at the surface.  
2. Calculation of the free length after which the scatteree is moved the distance of the free 
length. 
3. Determination of the type of interaction. If the scatteree is absorbed then the calculations 
continue from step 1 with a new scatteree.  
4. If the scatteree is scattered then the scattering direction is calculated using Eqs. (25) and 
(26). The scattering angle is added to the direction the photon is travelling to get a new 
direction. 
5. At certain depths the scatteree is added to the downwelling flux, or upwelling flux if it is 
travelling in the upward direction. If the scatteree exits the snow cover, it is added to the 
upwelling flux at the surface and the calculation continues from step 1 with a new scatteree. 
No backscattering from the atmosphere is assumed. 
6. If the scatteree is still free the calculations continue from step 2.  
 
The model was run for grain sizes of 50, 200 and 1000m for wavelengths between 300 and 
1100nm at 100nm intervals. The parameters g and  were taken from the Mie-calculations of 
Wiscombe and Warren (1980). The number of scatterees was set to 1105 per wavelength. For 
200m, the calculations were repeated for 1107 scatterees but the results were not significantly 
improved. Four different runs were made with the same parameter set and 1105 scatterees and the 
results were within 0.05% of each other indicating that the number of scatterees was sufficient at all 
wavelengths. 
 
The model could become computationally more efficient by not terminating the scatteree at every 
absorption event, but removing only part of it. This approach has been used by Light et al. (2003) in 
the study of the radiative transfer in sea ice. This method would help in producing better results at 
smaller grain sizes. For grain sizes of approximately 200m and larger, the computational time 
benefit is not large enough to warrant the use of the partial absorption model. Only for small snow 
grains, it might bring benefits, but computation time has become less expensive of late. 
5.2 Modeling results 
5.2.1 Global radiation 
The results in this section are mainly related to Papers II and IV of this thesis.  
 
Both shortwave radiation models (Eqs. 17 and 18) reproduced clear-sky solar radiation values that 
were approximately 90% of the value measured by the automatic weather station (AWS) at Aboa 
from 2005 and 2007. The coefficient of determination for a clear-sky day in November 2005 was 
0.99 (See Fig. 9). For a clear-sky case in February 2006, the ratio of modelled to measured was 
closer to 1. The difference in the ratio comes from the air temperature dependence of the vapour 
pressure. A constant air temperature was used in the calculations. 
 
The modelled radiation values for the whole period of 2005-2007, for which Aboa AWS radiation 
data is available, were compared to the measured values. In 76% of all cases, the ratio of modelled 
to measured radiation was above 0.9 and in 63% of cases, the ratio was above 1.0. This result means 
that at least 63% of the time, the cloudcover has a significant effect on the solar radiation and the 
albedo at Aboa. Both of the models have problems calculating the radiation at very high solar 
elevations where they underestimate the radiation considerably. 
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Figure 9 The modelled radiation calculated using the Zillmann and Shine models is shown plotted against the 
measured radiation from Aboa for a clear-sky day in November 2005. 
5.2.2 Albedo modelling 
The overcast (Rsd=0) albedo calculated using the WW1 model (Eq. 21), and the measured albedo 
spectra for snow at a point with a snow density of 240 kgm-3 and a grain size of 0.1mm, show a 
reasonable coincidence (Fig. 10). The effect of impurity absorption or the presence of a slope can be 
one of the reasons for the spectral shape in the measured albedo spectrum. The calculated albedo is 
for pure snow on a totally flat surface. 
 
 
Figure 10 Measured and modelled spectral albedo for snow. The WW1 model has been used in this calculation. 
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The modelled albedos using the MC-model are shown in Figs. (11) and (12). Clear sky albedos for 
three grain sizes (50m, 200m and 1000m) with a varying solar elevation are shown in Fig. (11) 
and overcast albedos for three grain sizes (50m, 200m and 1000m) are shown in Fig. (12). All 
of the albedos show a decrease as the solar elevation increases and as the grain size increases. For a 
grain size of 50m, the spectral shape is very flat in the visible wavelengths with hardly any 
difference between 300nm, 500nm and 700nm. When the grain size becomes 1000m, there is 
already over a 0.1 difference in albedo between 500nm and 700nm. Additionally, the albedo is 
smaller at 300nm than at 500nm. The overcast albedos at 30º solar elevation coincide with the clear 
sky albedo at 40º solar elevation. 
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Figure 11 Modelled albedos using the Monte-Carlo model. All of the calculations have been made with a 
cloudcover of 1/8 but with a varying solar elevation. The grain size is 50m in the upper panel, 200m in the 
middle panel and 1000m in the lower panel. 
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Figure 12 Modelled albedos using the Monte-Carlo model for three grainsizes. The cloudcover was 8/8 and the 
solar elevation was 30º. 
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Figure 13 Comparisons between measured and modelled albedos. The measured albedo in the top panel is for a 
grain size of approximately 100m and an overcast sky (Case D in Table 1). The measured albedo in the lower 
panel is for a grain size of 150m, a cloudcover of 1/8 and a solar elevation of 40º (Case E in Table 1). The grain 
size measurements are not very accurate in these cases. 
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Figure 14 Albedos modelled with the WW1 and MC models for 3 cases. The details for the cases are described in 
Table 1. 
 
Comparisons between measured albedos and MC-modelled albedos are shown in Fig. (13) for two 
different cases. The cases are described in more detail in Table (1). The measured albedos are of 
snow with a grain size of 500m and an overcast sky and for snow with a grain size of 150m, a 
cloudcover of 1/8 and a solar elevation of 21º. The diffuse case (upper panel of Fig. 13) shows a 
good fit with the 50m curve. The spectral shape of the clear sky model results does not fit with the 
measurements but the measurement coincides with the 200m curve at 1000nm indicating that the 
grain size is correct. The spectral shape of the measured curve comes from the fact that the 
measurement was made on a slopy surface. This has only a small effect on the albedo at 
wavelengths higher than 800nm. 
 
Comparisons between measured and modelled albedos for the two different models are shown in 
Fig. (14) and Table (1). The coefficients of determination for the WW1-model are better than for 
the MC-model but the corellation coefficients (ratio of modelled to measured albedo in this case) 
are very near to unity for both models, except for one case for the MC-model. Both models work 
Measured albedo 
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well for the QML region and the assumptions used in the MC model (the Henyey-Greenstein phase 
function and the free length being twice the grain diameter) are seen to be valid. 
 
Table 1 Parameters used in the model comparisons and the regression results obtained between modelled and 
observed albedos for the different models. d is the correlation coefficient (y=dx) and R2 is the coefficient of 
determination. 
Label Grain size 
[mm] 
Solar elevation 
[º] 
Cloudcover 
[1/8] 
WW1 model MC-model 
d R2 d R2 
A 0.45 38 8 0.95 0.88 0.88 0.65 
B 0.15 37 8 1.02 0.94 0.95 0.83 
C 0.30 30 4 1.07 0.82 1.00 0.66 
D 0.10 21 8   0.97 0.88 
E 0.15 40 1   1.00 0.72 
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6 Main results of this thesis 
The main results of the separate papers in this thesis together with some additional discussions are 
presented in this section. 
6.1 Optical studies in the Southern Ocean 
6.1.1 Relationships of the apparent and inherent optical properties in the Southern Ocean 
These results are from paper I. Measurements of the apparent and inherent optical properties were 
made in the Southern Ocean along the transect shown in Fig. (8). The spectral diffuse attenuation 
coefficient was found to be 0.3 m-1 nm-1 in the 400 to 700 nm wavelengths. Beam absorption was 
mainly due to absorption by pure water. Beam scattering was nearly wavelength independent in the 
400 to 700nm wavelength range with some differences between the three areas. The apparent and 
inherent optical properties were found to be well related to each other in all of the zones studied. 
The Kirk formula (Eq. 7) to calculate the diffuse attenuation coefficient from the beam absorption 
and scattering coefficients was found to give satisfactory results.  
6.1.2 Light limitation of the Southern Ocean mixed layer 
These are the main results from paper II. The vertical derivative in density (t/z) for the Southern 
Ocean shows that the region of well-mixed homogeneous water, the upper mixed layer (UML) is 
between 75 m and 100 m deep from 50S to 55S, 50 m at 56S dropping to 100m again upto 59S, 
after which it climbs up to 30 m around 60S. The depth of the mixed layer (ML, the depth at which 
the density difference becomes zero again) is between 75 and 150 m. The Zc depth is between the 
UML and the ML depth (Fig. 15). This means that depending on the construction of the 
phytoplankton cell and its buoyancy properties, it can be convected into the region between the 
UML and ML. But if the cells are unable to penetrate the UML, they are always above Zc and 
therefore not light limited. There is a lens of low-salinity water at 60S which has originated from 
ice melt. This is the cause of increased stability (high values of t/z) and a low ML depth. This 
area also has the remnants of an ice edge bloom which is evident in elevated a, b, and K values. A 
low Zc value is the cause of these optical properties.  
6.2 Field measurements of albedo 
These are the main results found in paper III. The mean spectral albedos for the different surfaces 
from the overland expeditions are shown in Fig. (16). The spectral albedos are plotted for the 
different snow zones in the upper panel of Fig. (17) and for different dates from SANAE 4 in the 
lower panel of Fig. (18). It is noticeable that the ice shelf shows the largest albedos even though the 
ice shelf has been found to contain the largest snow grains and the wettest snow (Kärkäs et al., 
2005a). The lowest albedos were found on the outer glacier and there the spectral shape of the 
albedo was distinctly different also.  
 
These results are definitely affected by the cloudcover. The same spectra have been plotted, 
grouped according to cloudcover in Fig. (18). With the inclusion of the cloudcover information, the 
results become meaningful. Lower cloudcover values correspond to lower albedos due to the 
increase in direct radiation, which has a lower albedo than diffuse radiation. Even a partly cloudy 
sky (3-6 over 8 cloud) produces significantly higher albedos than an almost clear sky (1-2 over 8 
cloud).  
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Figure 15 The vertical density derivative together with the Sverdrup critical depth in the Southern Ocean. The 
areas where the derivative is nonzero are shown in gray. 
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Figure 16 Mean spectral albedos. 1 mean spectral albedo FINNARP 99 (_) and FINNARP 2000 from SANAE 4 (-
-) 2- superimposed ice from SANAE 4. 3- Blue ice from Aboa. 4 and 5- Blue ice from SANAE 4. 
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Figure 17 The spectral albedos in the different snow zones  
6.2.1 On the additivity of the spectral albedo 
The mean spectral albedos from the different expeditions and locations are shown in Fig. (17). The 
similarity of the mean curves (curves 1) raises the question whether it is possible to use the mean as 
a global mean and by modelling the deviations from it, arrive at quantitative information regarding 
the optically active substances. 
 
It is well known that the albedo of a region can be expressed as a weighted average of the albedos 
of the subregions within the region, with the weights being the areas of the subregions divided by 
the area of the whole region: 
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The prime on the albedos of the subregions i in Eq. (28) denotes that the albedos are specific to the 
subregion independent of the size of the subregion. When applied to the Antarctic the specific 
albedos would be those of snow and blue ice and all albedos could be written as a linear 
superposition of them. The ratio 
A
Ai can be unknown and only the subalbedo of the total subregion 
can be deduced. The total albedo is a sum of the subalbedos. If the subregions do not have to be 
continuous they can also be optically active components in the snow and the subareas would depend 
on the quantities and types of the components. It can therefore be assumed that the upwelling 
irradiance is a sum of irradiances originating from the different optically active components in the 
snow cover, the Eq. (28) can be written as: 
 
0,5
0,6
0,7
0,8
0,9
1,0
300 400 500 600 700 800 900 1000 1100
wavelength [nm]
s
p
e
c
tr
a
l 
a
lb
e
d
o
Ice shelf (7, 21-41°)
Outer glacier (1-7, 37-40°)
Inner glacier (2-8, 29-38°)
Highs (7, 30°)
0,5
0,6
0,7
0,8
0,9
1,0
300 400 500 600 700 800 900 1000 1100
wavelength [nm]
s
p
e
c
tr
a
l 
a
lb
e
d
o
28.12 (6, 42°)
3.1 (1, 41°)
21.1 (3, 22°)
26.1 (5, 29°)
50 
 
 
Figure 18 Spectral albedos for different cloudinesses. All spectra in the upper panel and mean values for the 
different cloudiness classes in the lower panel. 
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where the summation is over all of the components i. All of the components can be separately 
divided by the downwelling irradiance producing a summation of the albedos of the different 
components: 
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This indicates that the albedo is an additive quantity regarding the different constituents of the 
surface. This is the basis behind the multiple endmember spectral mixture analysis used by Painter 
et al. (2003) in their analysis of sub-pixel albedos. 
 
The presentation of the albedo an areal average of the local albedos is not valid for larger areas with 
a heterogeneous albedo as pointed out by Pirazzini and Räisänen (2008). For these areas the 
cloudcover and multiple reflectance effects need to be taken into account as well. 
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6.3 Diffuse attenuation coefficient of snow 
These are the main results from paper IV. A new, non-destructive method for measuring light 
attenuation in snow was proposed and the results for a dry snow location in Finland were presented 
together with modelling results from a Monte Carlo radiative transfer model. The attenuation 
coefficients obtained were in reasonable accordance with, but always higher than, those obtained by 
other authors for snow with similar properties. The method produces an absolute maximum value 
for the diffuse attenuation coefficient.  
 
The Monte Carlo model results show that the attenuation coefficient obtained from this method is 
higher than the diffuse attenuation coefficient that would be obtained using vertical profiles. The 
coincidence becomes better for larger grain sizes however. This discrepancy comes from the fact 
that the radiation field within the snow cover is not totally diffuse due to the strongly anisotropic 
nature of the light source and due to the scattering within the snow cover being strongly in the 
forward direction.  
 
Reflectance was also calculated with the Monte-Carlo model and the spectra obtained are similar in 
shape to albedos measured in the coastal zone of Antarctica. The modelled values are smaller in the 
larger wavelengths, but this is because the effective solar elevation for the model is 90º and the 
measurements have been made at natural solar elevations of approximately 30º. Snow albedo has a 
solar elevation dependence with the albedo decreasing as the solar elevation increases. The 
radiation is able to penetrate deeper into the snow cover with more possibilities for absorption. 
 
The mean attenuation coefficient obtained for a mean grain size of 1000m measured in the coastal 
zone of Antarctica at 470nm was found to be 11m-1 as measured from upwelling radiance (Kärkäs 
et al., 2002). The results for the horizontal diffuse attenuation coefficient obtained in this study are 
approximately half of that value. The results show a reasonable coincidence with the results of 
Warren et al. (2006) between 300 and 600nm. They sampled Antarctic snow with a grain size of 
between 50 and 200m. The snow in this study had larger grains which should produce a lower 
attenuation coefficient but again the measured attenuation coefficient is an overestimation. 
However, the measured attenuation coefficients are much less than those obtained by Hamre et al. 
(2004) but they sampled snow above a sea-ice cover by measuring the light transmitted through the 
whole snow-sea-ice system. This is a totally different type of environment so the comparison is not 
trivial to make but Hamre et al. (2004) also used a nondestructive method to measure snow 
attenuation so it is important to make the comparison. 
 
Even though the measurements made for this part of the study have been made in Finland, this 
study fits into the scope of this thesis because the same methodology can be applied to Antarctic 
snow. 
6.4 Modelling blue-ice thermodynamics 
The following is a short commentary on the modeling of blue ice made in papers V and VI. The 
results obtained are also presented. The modeling study was setup to study how the blue ice area is 
affected by its low albedo and the low heat conductivity of ice. The absorbed solar radiation 
penetrates deep into the ice decaying with depth mainly due to absorption because of the lack of 
scatterers. The absorbed radiation is not able to escape fast enough and so internal heating of the ice 
occurs. If this heating is strong enough and continues for long enough, the ice reaches the melting 
temperature and begins to melt. The surface is kept frozen because the surface heat budget is 
negative. 
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The model used in this study consists of three parts: an optical part that describes the penetration of 
short wave radiation into the ice/water mixture, a thermodynamic part that describes the conductive 
heat transfer in ice and water, and a hydrodynamic part that describes the circulation within the 
subsurface pond. 
6.4.1 The model 
Solar radiation in the medium is split into a part through ice and a part through water within each 
grid cell. In each case exponential decay with depth is assumed. In Paper V bulk values (i.e. 
spectrally integrated) were used for the attenuation coefficients and the albedo. The attenuation 
coefficient for ice being Ki = 4.0 m
-1, and for water Kw = 0.1 m
-1. The ice value is consistent with 
observations of the cleanest sea-ice (Perovich et al., 1998) and actual measurements of light 
attenuation in blue-ice (Rasmus et al., 2003). The water value coincides with values measured in the 
clearest ocean waters (Paper II of this thesis). In Paper VI, spectral values were used. 
 
The radiative contribution to the heat flux is computed using the exponential decay presented in Eq. 
(5) separately for ice and water through each grid cell. The results are then summed at the bottom of 
each grid cell to get the total radiation: 
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where A is the ice fraction, i.e., A=1 means 100% ice and A=0 means 100% liquid water. The water 
and ice are assumed to be in parallel vertical columns within each grid cell (Fig. 19). Paper VI used 
a spectral version of this equation. 
 
A prognostic equation is used to determine the evolution of heat within the medium taking into 
account solar radiation and heat conduction. Heat conduction takes place vertically and horizontally 
within the solid ice and within the water. The prognostic equation for total heat Q = ρcpT (in Jm
-3) 
reads 
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where T is temperature (in ºC), ρ is the density (in kgm-3), cp is the heat capacity of the ice-water 
medium (in JKg-1K-1), t is time (in s), and the subscripts i and w denote the ice and water fractions, 
respectively. The heat conduction coefficients κ are specified separately for ice (8.8·10-7Wm-2K-1) 
and water (1.1·10-7Wm-2K-1). E is calculated using Eq. (31). Eq. (32) describes the ice and ice-water 
mixture in both the thermodynamic and the full thermo-hydrodynamic models. This is solved 
numerically with discretisations of the form: 
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Figure 19 Representation of a grid cell used in the model. The cell is divided vertically into a water part and an 
ice part. The radiation decays in the two parts separately. 
 
When the ice temperature becomes 0ºC, the additional heat supplied by radiation is used to melt the 
ice causing a decrease in the ice fraction. When the ice fraction has reached 0, this additional heat 
leads to an increase in subsurface pond temperature. Differential heating will lead to density 
differences in the liquid part of the medium within the pond, both horizontally and vertically, and in 
particular, a statically unstable stratification will occur. This causes convective overturning until the 
instability is removed and the water is well mixed or at least stably stratified. In order to investigate 
the long-term effects (rather than the adjustment process itself) unstable stratification is removed by 
an instantaneous convective adjustment; the remaining horizontal density gradients drive a slow 
overturning circulation. 
 
Instead of solving a prognostic equation for the horizontal velocity u in (ms-1) a diagnostic 
simplification is used combined with the hydrostatic balance. This is approach is used in two-
dimensional (2D) large-scale ocean modelling (e.g., Wright et al., 1998). It is plausible to use it in 
this study of blue-ice areas because of the small velocities expected. The 2D (x-z) hydrodynamics 
are then calculated from  
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The proportionality constant γ was chosen to be 0.01 s-1, resulting in a physically plausible 
gravitational adjustment process. Here ρ0 is a reference density (in kgm
-3), ν is kinematic viscosity 
(in m2s-1), p is pressure (in hPa) and g is the gravitational acceleration (9.81ms-2). This equation for 
u (Eq. 34) was then solved using finite differences. The continuity equation was used to calculate 
vertical velocity w. Water density is diagnostically related to temperature through 
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In this case the density is an anomaly relative to 1000kgm-3. Finally, advection of heat QA is 
implemented using an upstream scheme, setting the viscosity associated with explicit turbulent 
mixing to zero. 
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Dynamics arise exclusively from density differences (which arise exclusively from temperature 
differences) within the liquid phase. In this study, water temperatures above 0ºC only occur after all 
the ice is melted. So the critical ice fraction for dynamics to occur is 0.  
 
In Paper V the model used a no-flux bottom boundary condition. Because this raised suspicion that the 
model was accumulating heat in the domain, the bottom boundary was changed to one of the form: 
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where the phase velocity pv was taken from the previous grid points in the z-direction by assuming that 
the flux was the same at the bottom boundary as at the previous grid cell. In this case the phase velocity 
is the heat conductivity. The radiating boundary was found to work well because the bottom temperature 
in the domain remained relatively stable, and it followed the surface temperature variations. 
 
6.4.2 Main results 
The blue-ice modeling results indicate that a meltpool forms within the ice in present day climate 
conditions. The limits of the pond were set at an ice fraction of 0.5. The meltpool persists through 
the summer and into the winter but disappears before the next summer season. The results of Paper 
V showed that after a 50-year integration with a 1.5ºC increase in air temperature over the 
integration time, a disintegration of the blue-ice field is possible. This result seemed to be due to 
heat not being able to escape from the model domain due to the no-flux boundary condition. This 
was shown in Paper VI in which the bottom boundary condition was changed. The blueice field no 
longer disintegrated (Fig. 20) within the timescale of the integration. However, this does not mean 
that the blue ice field could never disintegrate, but only that the timescale for it has to be longer.  
 
The thermo-hydrodynamic model showed that the hydrodynamics within the meltwater pool are 
important in small ice concentrations, and they have an effect on the water within the pool. The 
model had a limit of 0 for the ice concentration for the dynamics to be enforced. This means that no 
convection occurs in a slush matrix in the model, which is found in blue-ice areas at the beginning 
of the summer season and throughout the season in some locations. 
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Figure 20 Ice concentrations over a 50 year integration using the model with spectral albedo and attenuation 
coefficients, with (lower panel) and without (top panel) a linear increase in temperature. 
6.4.3 Sensitivity studies with the model 
The model was developed further and some sensitivity studies were made with it. Also, the effect of 
changing the attenuation coefficients from bulk values to spectral values was investigated. 
 
The optical and thermal boundary conditions, together with the optical attenuation coefficient have 
a large effect on the amount of water produced in the ice. When the lower boundary condition was 
changed from a no flux boundary to one that passes heat through, the amount of subsurface melting 
is reduced dramatically. A radiating lower boundary condition that lets the heat through is also 
physically more realistic.  
 
The use of a spectral albedo produces less melting than the use of a corresponding bulk albedo. If 
the spatial extent of the blue ice area is less than 0.6 m, then the subsurface melting is diminished. 
Subsurface melting was found to be impossible for albedos higher than 0.7 and the subsurface 
ponds persist over the winter if the albedo is less than 0.4. The spatial variation of snow in this 
idealized study was found to have a significant effect on the subsurface melting. 
 
The turbulent fluxes are dependent on the ability of the atmosphere to transport heat away from the 
ice surface. In this model, they are parameterized so that they are independent of the vertical 
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structure of the atmospheric boundary layer. In the winter time, when the atmosphere is stratified, 
the fluxes are small. In the Austral summer however, the atmosphere can have a neutral 
stratification and convection can occur. (e.g. Argentini et al., 1999) This increases the exchange of 
heat. These effects should be included in future versions of the model. 
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7 Conclusions 
Measurements of the optical properties in the Southern Ocean were made along a transect at 6°E 
and the results are presented in papers I and II. The main conclusions of this work are: 
 The results concerning the critical depths (Ze and Zc) and Zm show that phytoplankton in the 
investigated areas of the Southern Ocean was not light limited at the time of these 
measurements. 
 The KPAR values were found to vary between 0.03 m
-1 and 0.09 m-1. These values correlate 
well with the concentration of chlorophyll a.  
 The measured spectrum for K is close to the spectrum of K for pure ocean water with the 
absorption by chlorophyll in the wavelengths between 600nm and 700nm, and the 
absorption by yellow substance below 500nm, clearly visible.  
 The inherent optical properties related well to the apparent optical properties. 
 
Measurements of total albedo and spectral albedo (in the waveband 300-1100nm) over snow and 
blue ice, together with some snow surface properties, were made during two austral summers in the 
Queen Maud Land region of Antarctica. In 1999/2000, the measurements were made along a 
traverse going inland from the coast via the Finnish Antarctic research station Aboa and in 
2000/2001 at the South African station SANAE 4. These results are presented in paper III. The 
following conclusions can be made from the results.  
 The mean spectral albedos for snow from the Aboa transect and from SANAE 4 were 
insignificantly different. They showed values of between 0.95 in the visible band with very 
little dependence on wavelength. After 700nm, the wavelength dependence increased and at 
1034nm, the albedos dipped to 0.70. The spectral albedos were similar in magnitude or only 
slightly lower than values obtained in the South Pole region.  
 Blue ice spectral albedos from the different areas showed a larger variability. The maxima 
were between 0.80 and 0.92 at 410nm and the minima were between 0.10 and 0.46 at 
1030nm.  
 Midday total albedo values were between 0.85 and 0.90 for snow for overcast conditions. 
Some diurnal variations were found with the lowest albedos being in the mornings and in 
the evenings. The total albedos obtained were slightly higher than values obtained in other 
studies in the Queen Maud Land region but very similar to values obtained at the South 
Pole.  
 The narrowband albedo in the 700-3000nm band was found to depend on the total albedo 
with a coefficient of determination of 0.71. The ultraviolet albedo was found to depend on 
the narrowband albedo in the 700-3000nm band with a coefficient of determination of 0.85.  
 Using Landsat Thematic Mapper band ratios, surfaces could be classified into snow and blue 
ice. The classification boundaries are [0.90, 0.98] for snow and [0.33, 0.76] for blue ice. The 
dependence of this band ratio on the solar zenith angle was very weak for both blue ice and 
snow. More measurements of superimposed ice are needed to make a better classification of 
different surface types. 
 
Albedo modelling results were presented in chapter 5. The conclusions of this work are: 
 Two formulations for the total solar radiation were compared with measurements of total 
radiation. The results show that both of the models perform well. Additionally they showed 
that cloudcover has a significant effect on the solar radiation 63% of the time. 
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A new, non-destructive method for measuring light attenuation in snow was proposed and the 
concept was studied with a Monte Carlo radiative transfer model. The model results and the results 
for a dry snow location in Finland are presented in Paper IV. The following conclusions were made: 
 The results show that the attenuation coefficients obtained were in reasonable accordance 
with, but always higher than, those obtained by other authors for snow with similar 
properties. The method produces a maximum possible value for the diffuse attenuation 
coefficient.  
 The Monte Carlo model results show that the attenuation coefficient obtained from this 
method is higher than the diffuse attenuation coefficient that would be obtained using 
vertical profiles. The coincidence becomes better for larger grain sizes.  
 
This is the ﬁrst attempt to include hydrodynamical aspects in a model study of subsurface ponds in 
low altitude blue-ice areas (LEBIAs). The results are presented in papers V and VI. The conclusions 
of this study are:  
 For reasonable parameter values, this model is capable of reproducing the occurrence of a 
two–dimensional subsurface pond and gives a plausible picture of the hydrodynamics within 
the pond.  
 The inclusion of hydrodynamics causes a deepening of the subsurface water layer and a 
steepening of its sides.  
 For a typical atmospheric warming scenario of 1.5
o
C in 50 years substantial subsurface 
changes were found. It seems that these subsurface changes may be unnoticed at the surface, 
which remains frozen and largely unchanged during the 50 year integration.  
 The lower boundary has a large effect on the subsurface melting results. A radiating 
boundary condition diminishes the melting. 
 The melt water pool was 1 m thick after a 50-year integration. This increased to 1.5m when 
the trend in air temperature was applied. For a typical atmospheric warming scenario of 
1.5°C in 50 years subsurface changes were found. It seems that these subsurface changes 
may be unnoticed at the surface, which remains frozen and largely unchanged during the 50 
year integration. The ice did not disintegrate even after a 50-year integration.  
 It was found that the spectral albedo cannot be substituted with a bulk albedo without 
causing a large difference in the subsurface melting. A spectral albedo corresponding to a 
bulk albedo of 0.5 causes almost the same melting as a bulk albedo of 0.65. 
 The bulk albedo threshold for subsurface melting to occur is between 0.7 and 0.8. The 
subsurface ponds were deep enough to survive the summer when the bulk albedo was below 
0.4. In this new setup the hydrodynamics play a minor role at large albedo values but have 
an important role when the albedo reaches the threshold value. 
 The shading by snow has a direct effect on the subsurface melting when the snow areas are 
less than 0.6 m apart. This effect is increased by the negligible melting below the area 
covered by snow. These points have remote sensing implications. Because this study uses a 
unidirectional downwelling flux, the length scale is probably an underestimation. 
 
7.1 Suggestions for further studies 
The optical properties measured in this study could be used to develop and validate a bio-optical 
model for the Southern Atlantic section of the Southern Ocean. 
 
As the ambient conditions have a large effect on the albedo and reflectance of the snow cover, more 
detailed measurements of the snow properties and albedo need to be made in comparable ambient 
conditions so that the study of the spatial distribution is possible.  
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The Monte-Carlo model developed in this study could be adapted to study the effect of blowing 
snow, which is snow in suspension, on the reflectance at low viewing angles and different Sun 
angles should be studied. A modelling study together with detailed measurements should be made 
to verify the effect the blowing snow has on the reflectance. This study would have important 
implications for remote sensing at low viewing angles.  
 
The Monte-Carlo model could be developed to include horizontally nonhomogeneous snow 
properties and surface roughness features. These are features which are hard to model using existing 
models. 
 
Detailed measurements of water movements within blueice fields should be made to validate the 
thermo-hydrodynamic blueice model. Many other climate scenarios could be investigated using the 
model: changing temperatures might be accompanied by changes in surface wind, cloudiness and 
humidity. An increase in the atmospheric longwave radiation could be used instead of an increase in 
air temperature to force the model in a climate change scenario. This would be a more accurate 
description of what actually happens when the air temperature increases, and also it would not 
require a detailed description of the lower atmosphere dynamics. The local surface topography (ﬂat 
versus sloping), the presence or absence of cracks and crevasses, as well as the thickness of snow 
will determine the speciﬁc evolution of a given low-elevation blue-ice area. The model, and 
especially the optical and longwave radiation parts of it, still requires further development. 
Implementation of a two-stream multiband approximation for the penetration of solar radiation 
would increase the accuracy of the solar radiation proﬁle, especially close to the very surface.  
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